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[1] Simulations of stratospheric clouds from eruptions ranging in size from the 1991
eruption of Mount Pinatubo to that of Toba 74,000 years ago have been completed using
a 3D microphysical sectional aerosol model advectively coupled to a general circulation
model with prognostic chemistry (Whole Atmosphere Community Climate Model/
Community Aerosol and Radiation Model for Atmospheres). For Pinatubo, properties
of the aerosol cloud peak within the ranges derived from observations in the Northern
Hemisphere, but reduce faster than observed, and a general low bias is found in the
Southern Hemisphere. These biases could be reduced by adding aerosol radiative coupling,
a quasi-biennial oscillation, and the Cerro Hudson eruption to the model. Simulations of
eruptions 10 times and 100 times larger than Pinatubo suggest burdens and Aerosol Optical
Depth increase less than linearly (a 100-fold injection increase produces a 20-fold AOD
increase) due to particle growth and sedimentation, consistent with previous work that also
found the radiative forcings from large eruptions to be self-limiting. Global-averaged AOD
remains elevated for 1, 2, and 4 years, respectively, for the three simulated eruptions. The
inclusion of van der Waals forces in our coagulation scheme increases peak effective radius
and reduces peak AOD by about 10–20%, with bigger effects for larger eruptions. Our
simulations find peak mode size to vary by up to an order of magnitude and mode width to
vary by up to 50%, suggesting that two-moment modal models may not accurately capture
the evolving size distribution. These simulations suggest the value of including van der
Waals forces in the coagulation scheme and sectional size distributions in climate models.
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1. Introduction

[2] Volcanic eruptions can inject large quantities of SO2

into the stratosphere, forming sulfate aerosols that perturb
radiative forcing and stratospheric chemistry. Rare super-
eruptions can potentially cause climate changes that are severe
enough to trigger food shortages or biological extinctions
[Ambrose, 1998]. Studying large eruptions can clarify the
contributions of historical volcanic eruptions to past climate
changes, the potential consequences of future volcanic
eruptions on climate, and act as analogues for understanding
hypothetical climate geoengineering schemes involving
stratospheric sulfur injection [Crutzen, 2006].
[3] The size and width of the stratospheric aerosol size

distribution, which affects the climate response, have been

observed to significantly shift after volcanic eruptions
[Deshler, 2008]. Representing this shift is important to
accurately characterize the chemical, radiative, and dynamical
responses in the stratosphere. Early microphysical simulations
using 1D sectional models suggested that climate effects may
be self-limiting in larger eruptions due to particle growth
[Pinto et al., 1989]. Similarly, simulations of hypothetical
climate geoengineering stratospheric sulfur injection studies
using sectional aerosol models predict stratospheric aerosol
size distributions to shift in significant ways as injections
increase in mass [Heckendorn et al., 2009; English et al.,
2012]. For computational efficiency, modeling studies often
parameterize microphysical process and/or the representation
of size distributions. “Bulk aerosol” modules prescribe mode
peak size and width of the aerosol size distribution [Timmreck
et al., 1999; Oman et al., 2006; Robock et al., 2009; Aquila
et al., 2012], while “modal aerosol”modules treat aerosol size
in a series of size modes of prescribed lognormal shape and
mode widths while allowing the peak size to evolve [Niemeier
et al., 2009; Timmreck et al., 2010]. However, intercomparison
studies have found that sectional models are more accurate
than modal models when representing stratospheric aerosol
size distributions after volcanic eruptions [Weisenstein et al.,
2007; Kokkola et al., 2009]. Additionally, laboratory studies
have found that the coagulation rate of sulfate aerosols
increases due to the contribution of interparticle van der Waals
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forces [Chan and Mozurkewich, 2001]. Model simulations of
ambient stratospheric aerosol have found the inclusion of these
forces important to accurately represent the observed aerosol
number concentration [English et al., 2011], yet van der Waals
forces are not included in modeling studies of volcanic
aerosols to date. In this paper, we utilize a sectional aerosol
model that includes van der Waals forces in the coagulation
scheme to study three eruptions in detail: the largest eruption
of the past century (Mount Pinatubo in 1991), a hypothetical
eruption ten times as large, and the largest eruption of the
past 100,000 years (the Younger Toba Tuff, or “Toba” approx-
imately 74,000 years ago).
[4] The 1991 eruption of Mt Pinatubo in the Philippines

(15�N, 120�E) significantly perturbed stratospheric chemistry
and aerosols, as observed by numerous instruments. The erup-
tion injected 14–23Tg of sulfur dioxide (SO2) (7–11.5 Tg S)
into the stratosphere [Read et al., 1993; Krueger et al., 1995;
Guo et al., 2004], mostly on 15 June 1991. The SO2 was
converted to H2SO4 with an e-folding time of 35 days [Bluth
et al., 1992; Read et al., 1993] or 23–25 days [Guo et al.,
2004]. The eruption occurred during the easterly phase of
the quasi-biennial oscillation (QBO), which caused the
volcanic cloud to move westward and encircle the earth in
about a month [Baldwin et al., 2001]. In the first months after
the eruption, most of the aerosol burden was within the region
between 20�S and 30�N [McCormick and Veiga, 1992; Stowe
et al., 1992]. Stratospheric aerosol effective radius increased
from about 0.2mm to a peak of 0.6mm nine months after the
eruption and remained elevated for more than 2 years after
the eruption [Russell et al., 1996]. A reduction in global net
radiative flux of about 3W m�2 was measured in summer
and fall 1991 [Minnis et al., 1993]. The lower stratosphere
warmed by 2–3K [Labitzke and McCormick, 1992; Labitzke,
1994], and the lower troposphere cooled by about 0.5K
[Dutton and Christy, 1992]. By spring 1992, the stratospheric
aerosol burden had reached its peak and began to subside
[Ansmann et al., 1997]. Four to five years after the eruption,
the background aerosol level was again present, but began to
increase starting in 1998 through the present day due to several
small eruptions [Vernier et al., 2011].
[5] Early simulations of the Pinatubo volcanic cloud using

a GCM with chemistry and some aerosol microphysics
found good agreement with SO2 observations but not with
aerosol observations, which the authors attributed to the lack
of homogeneous nucleation in the model [Bekki and Pyle,
1994]. Early microphysical simulations found that including
aerosol radiative heating increased transport of the aerosol
cloud to higher latitudes and to the Southern Hemisphere,
in better agreement with observations [Young et al., 1994].
Simulations using GCMs with sulfur chemistry and radia-
tively coupled bulk aerosols found good agreement with
observed peaks in global optical depth but did not reproduce
the persistence of observed tropical optical depth [Timmreck
et al., 1999; Oman et al., 2006]. The authors attributed the
discrepancy to overly vigorous transport from the tropical
stratosphere to high latitudes due to the lack of QBO in their
models, which is supported by observations [Trepte and
Hitchman, 1992] and model simulations [Graf et al., 1993;
Stenchikov et al., 2004; Thomas et al., 2009]. Recent simu-
lations using a GCM with a bulk aerosol module with and
without aerosol heating suggest that aerosol heating
prolongs the radiative effect in the Northern Hemisphere,

but the inclusion of QBO is needed for cross-hemispheric
transport [Aquila et al., 2012]. Simulations using a GCM
with a modal aerosol model suggested that inclusion of ash
in the model did not significantly contribute to the evolution
of the aerosol distribution [Niemeier et al., 2009]. However,
observations of large dust particles in the Arctic months after
the Pinatubo eruption suggest significant radiative heating
due to the dust [Pueschel et al., 1994]. Another study using
a GCM with a modal aerosol model found that changing the
season of the eruption affected the climate response [Toohey
et al., 2011].
[6] The most recent super-eruption, Toba, occurred about

74,000 years ago in Lake Toba, Sumatra, Indonesia. Given
its antiquity, details for the Toba eruption are much more
uncertain than for Pinatubo. The Toba eruption injected
between one and three orders of magnitude more ash, dense
rock [Chesner and Luhr, 2010; Rose and Chesner, 1987],
and SO2 [Oppenheimer, 2002] than Pinatubo, may have
contributed to the onset of the following glacial cycle
[Rampino and Self, 1992], and may have caused a bottle-
neck in human evolution [Ambrose, 1998; Petraglia et al.,
2007; Balter 2010]. Initial modeling studies using bulk
aerosol modules predicted 10K cooling for about a decade
and a temperature effect for a few decades [Jones et al.,
2005; Robock et al., 2009], but a more recent study using
a modal aerosol model found the temperature response
to be three times weaker (�3.5K globally) and shorter
(9–10 years) due to aerosol growth [Timmreck et al., 2010].
[7] These studies confirm that the details of the aerosol size

distribution can have enormous impacts on the temperature
response after an eruption. In the present study, we perform
simulations using a 3D microphysical sectional aerosol model
that includes van der Waals forces in the coagulation scheme
coupled to a general circulation model with prognostic
chemistry (Whole Atmosphere Community Climate Model
(WACCM)/Community Aerosol and Radiation Model for
Atmospheres (CARMA)) to study the aerosol microphysics
from volcanic eruptions spanning two orders of magnitude
in SO2 injection to the stratosphere (Pinatubo, ten times
Pinatubo, and Toba). We provide a description of our
model (section 2), the experimental design of our simula-
tions (section 3), comparisons of our Pinatubo simulation
to observations (section 4), the impact of volcanic eruption
size on aerosol microphysics (section 5), a detailed study of
the resulting size distributions to compare to modal models
(section 6), and conclusions (section 7).

2. Model Description

[8] We use the WACCM version 3.1.9 tag 9 [Garcia et al.,
2007] coupled with the CARMA [Toon et al., 1988]. This
basic framework has been used to study sulfate nucleation
[English et al., 2011], dust [Su and Toon, 2011], sea salt
[Fan and Toon, 2011], noctilucent clouds [Bardeen et al.,
2010], meteoric dust [Neely et al., 2011; Bardeen et al.,
2008], black carbon [Mills et al., 2008; Ross et al., 2010],
and stratospheric sulfur geoengineering [English et al.,
2012]. A detailed description of this specific model is
presented by English et al. [2011].
[9] For these simulations, we employ the standard spatial

configuration of WACCM3, 4� latitude by 5� longitude
horizontal resolution with 66 vertical levels from the surface
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to the thermosphere (5.96� 10�6 hPa, ~140 km), including
23 stratospheric levels between 1 and 100 hPa. A 63-species
chemistry module is implemented that includes WACCM’s
standard 56-species chemical package (50 neutral species
and reactions are listed in the auxiliary material of Kinnison
et al. [2007] and six ion species and reactions are listed in
Marsh et al. [2007]), and we have added seven sulfur-bearing
gases: S, SO, SO2, SO3, HOSO2, H2SO4, and OCS [English
et al., 2011]. The model includes tropospheric emissions of
carbonyl sulfide (OCS) and SO2, two primary sulfur emissions
of importance to the stratosphere. OCS is specified with a
constant surface concentration of 510 pptv. Ground level
emissions of SO2 are specified from a two-dimensional
monthly mean surface emissions dataset [Lamarque et al.,
2010; Smith et al., 2011]. The model calculates prognostic
OH concentrations based on production and loss chemistry
for several species [Kinnison et al., 2007; English et al.,
2011], which is useful because OH is limited after large
eruptions, reducing the conversion rate of SO2 to H2SO4

[Bekki, 1995]. Heterogeneous chemistry on sulfate aerosols
is linked to CARMA aerosol surface area calculated from each
timestep. However, photolysis rate calculations do not take the
stratospheric aerosol optical depth (AOD) into account. Wet
deposition for all constituents (including the aerosol bins from
CARMA) is calculated using WACCM’s existing techniques
[Barth et al., 2000]. All of the aerosol bins are assumed to
have a constant 0.3 solubility parameter. WACCM treats dry
deposition of gases [Barth et al., 2000], while dry deposition
of aerosols is not considered in our simulations.
[10] We specify 42 sulfuric acid mass bins in CARMA

with mass doubling between bins. The model transports
particle number for each mass bin and uses the Lin and Rood
[1996] advection scheme to accurately treat advection on
the size grid. Mass and number are conserved to machine
accuracy in CARMA for microphysical processes that
should conserve them. The bins are equivalent to particles
with radius from 0.2 nm to 2.6 mm before water is added to
them. Since the bins only carry sulfuric acid, the equivalent
sulfate aerosol size (sulfuric acid plus water) is determined
by the technique of Tabazadeh et al., [1997], which calcu-
lates equilibrium weight percent sulfuric acid as a function
of temperature and water activity. Weight percent sulfuric
acid is assumed to be independent of particle size. The
particles are assumed to have spherical shape. Split-time
stepping is enabled for nucleation and growth routines when
sulfuric acid is supersaturated. Nucleation and growth are
treated simultaneously in the model. If sulfuric acid gas
concentrations become unstable (negative), the CARMA
time step is retried with double the number of substeps. To
improve substepping stability, we limited nucleation so
that it did not consume more than 40% of the sulfuric acid
available. Nucleation rates are calculated using the numerical
scheme of Zhao and Turco [1995], which only considers
binary homogeneous nucleation. Sulfuric acid surface tension
is calculated using the constants from Sabinina and Terpugow
[1935]. We did not include any other types of aerosols in
CARMA, such as polar stratospheric clouds (these were
treated using the WACCM parameterization), volcanic dust,
or micrometeorites. Coagulation coefficients are calculated
to include Brownian, convective, and gravitational effects,
and a sticking coefficient of 1 is used, which assumes that all
particles stick together upon colliding. A correction for the

impact of interparticle Van der Waals forces on coagulation
based on laboratory data [Chan and Mozurkewich, 2001] is
included in some of our simulations, which increases the
sticking coefficient to greater than 1 for smaller particles,
and has been found to be important to accurately represent
ambient stratospheric aerosol concentrations [English et al.,
2011]. Sulfate aerosol growth and evaporation is calculated
using sulfuric acid equilibrium vapor pressure over a binary
solution computed from the method ofAyers et al. [1980] with
a temperature correction by Kulmala and Laaksonen [1990]
and thermodynamic constants from Giauque et al. [1960].
We assume a coefficient of unity for sulfuric acid uptake by
aerosol particles, although there is considerable disagreement
amongst laboratory measurements [Hanson, 2005]. Sedimen-
tation is calculated based on particle size and density [Lin and
Rood, 1996]. Aerosol radiative heating, which could impact
stratospheric circulation especially for larger eruptions, is
not coupled in this model version, but is planned for future
versions of CAM and WACCM with CARMA.

3. Experimental Design

[11] To study the impacts of SO2 injection magnitude on
aerosol size distributions, we have completed simulations of
eruptions spanning two orders of magnitude in stratospheric
SO2 injection: the 1991 eruption of Mount Pinatubo (10Tg
of S; “Pinatubo”), ten times Pinatubo (100Tg S; “Pinatubo
�10”), and the eruption of Toba 74,000 years ago (1000Tg
S; “Toba”). These injections are equivalent to 20Tg SO2

gas, 200Tg SO2 gas, and 2000Tg SO2 gas, respectively. To
understand the impacts of van der Waal’s forces on aerosol
coagulation, for each eruption, we completed one simulation
with and one simulation without (“no VW”) the van derWaals
correction for coagulation. For all eruptions, SO2 gas is
injected continuously over 48 h on 14 and 15 June of the first
simulation year. Based on the approach of other models
[Timmreck et al., 1999; Weisenstein et al., 2007], SO2 is
injected in the region 2�S to 14�N, 95�E to 115�E,
corresponding with Total Ozone Mapping Spectrometer
observations for 16 June 1991 [Bluth et al., 1992], and 15.1
to 28.5 km, corresponding with Microwave Limb Sounder
(MLS) observations for 19 September 1991 [Read et al.,
1993]. This approach allows for a realistic expansion of the
volcanic cloud during the initial stages of the eruption,
partially compensating for the lack of observationally driven
meteorology in our simulations and the lack of aerosol heating
in our model. In our 66-level model, the vertical profile of the
injection is specified as a function of model level between 15.1
and 28.5 km with a peak at 21 km by the function:

Injection rate ¼ 3:52� 107

abs level � 43:5ð Þ
where injection rate is in units of molecules of SO2 cm

�3 s�1,
level corresponds to model level number, which are
numbered from the model top (1) to the model surface (66),
and 43.5 is the level which corresponds to the peak
injection altitude of 21 km. We assume that immediately
after the eruption in June the SO2 cloud peaked at 21 km.
This altitude is slightly lower than found by LIDAR observa-
tions [Antuña et al., 2002] which observed a peak at 22 km in
June (see Figure 5), and MLS observations [Read et al.,
1993] which observed a peak at 25 km in September. These
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differences in peak altitude may contribute to model biases for
stratospheric lifetime and hemispheric transport. Also, our
model’s winds and circulation patterns were not constrained
to observations for 1991 and 1992, which could contribute to
differences between the model and observations. Our model
does not have a QBO but instead predicts a prevailing easterly
stratospheric circulation which happened to be consistent with
the easterly phase of the QBO that was observed during the
first year after the eruption of Mt. Pinatubo.

4. Pinatubo: Model Compared With Observations

[12] Model behavior can be studied by comparing our
simulation of the eruption of Mount Pinatubo to available
observations. The particle effective radius (Reff), defined as
the ratio of the third moment to the second moment of the
aerosol size distribution, is a useful parameter to visualize
the aerosol size distribution since it is the optically most
important particle size. Prior to the simulated eruption,
ambient stratospheric aerosol hydrated Reff is approximately
0.2 mm in both regions analyzed (15 to 20�N and 35 to
45�N), comparable to observations (Figure 1). Immediately
after the simulated eruption, Reff temporarily drops due to
new particle formation and then increases due to growth of
existing particles and coagulation. Reff continues to increase
until its peak about 5months after the eruption at about
0.72 mm at 15 to 20�N and 0.61 mm at 35 to 45�N for the
simulation with the van der Waals coagulation. These values
of Reff are within the error bars of the observations which
extend from 0.4 to >1.0 mm. Reff from our model also
compares well with observations at 68�N between 11.3 and
16.1 km in March 1992 (nine months after the eruption,
approximately when particles reached peak size) from the

Michelson interferometer for passive atmospheric sounding,
balloon-borne version (MIPAS-B) [Echle et al., 1998] (not
shown). Our simulation with the van der Waals correction
predicts Reff to be 0.64 mm, and our simulation without
the van der Waals correction predicts 0.62 mm; the values
retrieved from MIPAS-B range from 0.53 to 1.19 mm. Reff

then slowly declines as the largest particles fall out of the
stratosphere, shifting the size distribution to smaller sizes
(Figure 1). Reff is still slightly elevated above ambient values
> 48months after the eruption. The rate of decline in the
model is faster than observations and is about 20% lower
after about 2 to 4 years. It is likely that the simulated Reff

declines too quickly because aerosol heating was not
included in the model. Aerosol heating would loft particles
to higher altitudes, increase meridional transport to both
hemispheres, and increase stratospheric lifetime, which
would reduce the slope of the Reff curve with time. This
hypothesis, originally suggested by Young et al. [1994]
and recently supported by Timmreck and Graf [2006] and
Aquila et al. [2012], suggests that simulated aerosol mass
burdens and AOD decline at a slower rate, more like obser-
vations, when aerosol heating is included. Another possible
explanation is stratospheric circulation biases in the model.
The WACCM3 model has been compared to observations,
and biases attributed to gravity wave parameterization were
found [Richter et al., 2008]. In particular, the model does
not include the QBO, which would slow transport of the
volcanic cloud from the tropics to the poles [Trepte and
Hitchman, 1992; Thomas et al., 2009]. Additionally, aerosol
radiative coupling would cause the surface to cool and the
stratosphere to warm, possibly slowing the Brewer–Dobson
circulation [Garcia and Randel, 2008].
[13] Inclusion of van der Waals forces (red lines in

Figure 1) increases “ambient” (prior to the eruption) and peak
effective radii by about 10% compared to the simulation
without van der Waals forces (green lines). It also accelerates
the peak by about 1month, due to an increase in the coagu-
lation rate. Shortly after the peak size is reached, effective
radii for the two simulations begin to converge. About
18months after the eruption, Reff becomes smaller for the
simulation with van der Waals forces. This is due to the
largest particles falling out of the stratosphere at a greater
rate, due to enhanced coagulation.
[14] Next, we compare 525 nm AOD between 50 and

55�N for the model and observations. The simulation with
van der Waals forces predicts zonal average to peak at
0.23 about nine months after the eruption (Figure 2). This
peak AOD is about two orders of magnitude higher than
ambient AOD in the stratosphere (~0.002) and on the order
of the AOD persistently observed in the troposphere.
Simulated AOD is generally within the range of error bars
of the observations. As with the comparison of Reff, the
simulated AOD decreases too quickly and is lower than
observations after about a year. Again, this too rapid decline
in AOD is likely due to the lack of aerosol heating in the
model, or errors in stratospheric circulation, particularly lack
of the QBO in the model. AOD for the simulation with
the van der Waals correction rises more quickly than the
simulation without the van der Waals correction due to a
faster coagulation rate to particles sizes that are optically
significant. After about 6months after the eruption, however,
AOD for the simulation with the van derWaals is smaller due

Figure 1. Time evolution of zonal-average Reff compared
in two regions: 15 to 20�N at 17 to 27 km (solid lines) and
35 to 45�N at 15 to 27 km (dotted lines). A second-order
polynomial is fit to a compilation of observations mainly
over California and Wyoming [Russell et al., 1996] (dotted
black line). SAGE II (solid black line) is a time series of
retrieved column integrated Reff in the 15 to 20�N latitude
band [Bauman et al., 2003]. Model results are monthly
averages of hydrated sulfate Reff for the simulation with the
van der Waals coagulation correction (red lines) and without
(“no VW”; green lines).
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to the larger Reff reducing extinction efficiency (extinction
efficiency in the visible peaks at a particle radius of about
0.4 mm), and to larger particles falling out more quickly.
[15] A spatial comparison of stratospheric AOD at two

wavelengths between the simulation with van der Waals
forces and observations (Figure 3) shows that both the
model and the observations have the highest AOD near the
latitude of the eruption about 3months after the eruption,
and later a second peak in the Northern Hemisphere mid-
to high latitudes about 9months after the eruption as the
cloud evolved and traveled towards the poles. At the equator,
the magnitude of AOD in the visible (0.4) is consistent for
both the model at 525 nm and the Advanced High Resolution
Radiometer (AVHRR) data at 500 nm. The model is higher
than SAGE II at both wavelengths. It is possible that AOD
near the equator is enhanced in our model due to errors in
stratospheric circulation, as the volcanic cloud did not travel
to the Southern Hemisphere as observed. Given the bias is
larger at 1024 nm, it is also possible that the simulated
aerosol particles are too big. Another possibility is that our
model does not treat volcanic ash. Ash particles, which were
also injected into the stratosphere by the Mt. Pinatubo
eruption, are relatively large and would remove some sulfate

from the stratosphere in the first weeks after the eruption.
Study of ash after Pinatubo reveals conflicting results.
Some modeling studies suggest that the impact of ash on
stratospheric AOD is minimal [Niemeier et al., 2009], while
observations of large dust particles in the Arctic months after
the Pinatubo eruption suggest significant radiative heating
due to the dust [Pueschel et al., 1994]. There are also consid-
erable differences between the AVHRR and SAGE II
measurements, with SAGE II usually reporting lower peak
AOD (Figures 2 and 3). Russell et al. [1996] concluded that
most of the discrepancy is due to the evolution of particle size
distribution combined with the wavelength differences of the
instruments (AVHRR is measured at 500 nm and SAGE II at
525 nm). It is also possible that the differences between
SAGE II and AVHRR are due to errors in the retrievals.
AVHRR measures the column optical depth; significant
uncertainty is introduced in stratospheric optical depth based
on assumptions of the tropospheric component to subtract.
SAGE II was unable to measure optical depths above 0.15
due to extinction of the signal along the limb path length,
and while a correction was made by assuming extinction
below the level of saturation was 80% of that measured
before saturation [Russell et al., 1996], measurement error
was possible.
[16] Comparing zonal distribution of AOD, the model

predicts a more pronounced hemispheric asymmetry than both
AVHRR and SAGE II (Figure 3). The model overpredicts the
peak in the Northern Hemisphere between 40�N and 60�N
(this is also illustrated in Figure 2, where the simulated peak
AOD is 0.23, AVHRR peaks at 0.20, and SAGE II peaks at
0.18), and underpredicts the peak in the Southern Hemisphere.
The discrepancy in the Southern Hemisphere is more clearly
illustrated by a comparison of zonal-average AOD between
the model and AVHRR (Figure 4). While the simulated peak
AOD is generally within 10% of the observations, observed
AOD is significantly higher in the Southern Hemisphere.
There are several possible explanations for these discrepancies.
We have already mentioned the effects of aerosol heating and
QBO which are not included in our model. Additionally, the
eruption of Cerro Hudson in Chile, which is not included in
the model, could be contributing to the bias. In September
and October in the Southern Hemisphere mid- and high
latitudes, observed AOD is about three times higher than the
simulation (0.15 versus 0.05, respectively). Cerro Hudson’s
main eruption from 12–15 August in 1991 released slightly
less than 1Tg S up to 18km altitude [Pitts and Thomason,
1993] and would have contributed to AOD in the Southern
Hemisphere. Since aerosol from the El Chichon eruption
(17�N) did not travel to the Southern Hemisphere even though
its latitude is similar to that of Pinatubo, it is clear that the
perturbed AOD in the Southern Hemisphere after Pinatubo
was due to stratospheric circulation that year, the eruption of
Cerro Hudson, or a contribution from both.
[17] The vertical distribution of 1mm extinction with time at

18�N for the simulation with van der Waals correction peaks
at about 22 km altitude during the first few months after the
eruption, comparable to LIDAR observations (Figure 5), but
the magnitude is about 50% too high (0.03 km�1 for the model
and 0.02 km�1 for the observations. This bias may be due to
the lack of aerosol heating or the lack of QBO in the model,
which would disperse the volcanic cloud away from the
latitude of LIDAR observations, reducing extinction. Also,

Figure 2. Time evolution of zonal-average stratospheric
AOD in the visible at 50 to 55�N for the model (colored
lines) compared to observations (black lines and circles).
Observations are summarized by Ansmann et al. [1997].
AVHRR (solid line) is measured at 500 nm wavelength
while SAGE II (dotted line) and LIDAR (circles) are
at 525 nm. SAGE+LIDAR (dashed line) is SAGE data
constrained to LIDAR observations. The LIDAR error bars
are the standard deviation derived from the combined effect
of signal noise, uncertainties in the atmospheric input
parameters used in the determination, and the atmospheric
variability. Modeled stratospheric AOD at 525 nm calculated
from 1 to 300 hPa at 50 to 55�N at all longitudes for the
simulation with the van der Waals coagulation correction
(red lines) and without (green lines). Simulated extinction
coefficients are calculated as a function of weight percent
and wavelength using the refractive indices of Palmer and
Williams [1975].
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the model peak descends too rapidly with time. This, too, is
likely due to the lack of aerosol heating in the model, which
would loft the aerosol and prolong its stratospheric lifetime.
Measurement error is also possible, as the LIDAR does not
directly measure extinction and the conversion depends on
assumptions of particle size and refractive index.
[18] Tropical sulfate burdens in the stratosphere peak

about three months after the eruption (Figure 6a), consistent
with the observations and the e-folding time for SO2.
Burdens peak at 18 Tg H2SO4 for the simulation with the
van der Waals correction (Figure 6a), which is roughly two
orders of magnitude higher than the stratospheric burden
at ambient conditions, and within the range of CLAES
observations [Mergenthaler et al., 1995] but lower than the
High resolution Infrared Radiation Sounder (HIRS) [Baran

and Foot, 1994]. The model also predicts higher burdens
than HIRS globally (Figure 6b), as well as calculations using
SAGE II observations [McCormick and Veiga, 1992], which
estimated 20 to 30Tg of aerosol (15 to 22Tg H2SO4 assuming
75 weight percent H2SO4). There are considerable differences
between the observations, so it is unclear whether the model
has a bias. If the modeled burdens are too high, it may be
due to the lack of QBO or errors with the Brewer–Dobson
circulation, or errors with SO2 injection magnitude. Regard-
less, simulated aerosol burdens decrease faster than HIRS
and CLAES observations as well as LIDAR observations
[Ansmann et al., 1997]. Recall that simulated tropical Reff

(Figure 1) and tropical AOD (Figure 3) also decreased more
rapidly than observations. Again, the more rapid modeled
decline than observed is likely due to the lack of aerosol

Figure 3. Spatial and temporal evolution of stratospheric AOD for the model and observations. (a)
AVHRR at 500 nm (b) SAGE II at 525 nm (c) Model at 525 nm (d) SAGE II at 1024 nm (e) Model at
1024 nm. Observations summarized by Russell et al. [1996]. Modeled stratospheric AOD is calculated for
the simulation with the van der Waals coagulation correction. Simulated extinction coefficients are calculated
as a function of weight percent and wavelength using the refractive indices of Palmer and Williams [1975].
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heating in the model or errors in stratospheric circulation,
particularly lack of the QBO in the model.
[19] The simulated eruption of Mount Pinatubo perturbs

not only the stratospheric burden but tropospheric sulfate as
well (Figure 7a, green lines). Earth’s tropospheric burden
has an annual cycle that is primarily controlled by the balance
between sources (sulfur emissions) and losses (rainout), and
in a typical year the model predicts a peak tropospheric
burden of about 0.4Tg S. However, this peak was perturbed
by about 1TgS in the year following the eruption by sedimenting
aerosols from the stratosphere at high latitudes [Pueschel

et al., 1994]. An increase of large aerosols was measured in
the upper troposphere after the eruption of Mount Pinatubo
[Ansmann et al., 1993]. It is unclear whether these large
aerosols impacted cirrus clouds; some observational analyses
suggest that Pinatubo perturbed cirrus clouds [Sassen et al.,
1995; Minnis et al., 1993; Ackerman and Strabala, 1994],
while others suggest Pinatubo did not have an effect [Luo
et al., 1997]. It is also possible that El Niño contributed to
the change in cirrus properties that year [Song et al., 1996],
but other analyses suggest El Niño was insignificant compared
to the effects of Mt. Pinatubo [Wang et al., 1995]. Lohmann
et al. [2003] conducted sensitivity studies using the ECHAM5
model and found Pinatubo to impact cirrus if a monomodal
aerosol distribution was prescribed, but not if a bimodal distri-
bution was prescribed. After a larger eruption such as Toba,
tropospheric burdens are predicted to increase several orders
of magnitude higher than after Pinatubo (Figure 7b), so more
work should be done to understand the impacts a large volca-
nic eruption or a super-eruption may have on tropospheric
clouds or chemistry.

5. Microphysics of Volcanic Clouds From
Eruptions Larger than Pinatubo

[20] Here, we compare three volcanic simulations with the
van der Waals coagulation using injections just described for
Pinatubo, 10 times the Pinatubo injection, and 100 times the
Pinatubo injection (which we refer to as the Toba injection).
The globally averaged sulfate burdens peak at about 8 Tg S
after Pinatubo, 74 Tg S after Pinatubo �10, and 400 Tg S af-
ter Toba (Figure 8a). Toba burdens are 50 times higher than
Pinatubo, despite 100 times SO2 injection, due to faster
sedimentation of larger particles. Globally averaged Reff

normalized by surface area in each grid box peaks at about
0.45 mm after Pinatubo, 1.1 mm after Pinatubo �10, and
1.9 mm after Toba (Figure 8b). This change in Reff has large
implications for radiative forcing, as mass extinction

Figure 5. Vertical contour plots of zonal-average aerosol extinction for 2.5 years after the June 1991
Pinatubo eruption. (a) Observations at Mauna Loa and Camaguey derived from 1mm LIDAR measurements
[Antuna et al., 2002] compiled byHeckendorn et al. [2009].(b) Simulated 1024 nm extinction at 18�N for the
simulation with van der Waals coagulation correction and (c) the simulation without van der Waals
coagulation correction. Simulated extinction coefficients are calculated as a function of weight percent and
wavelength using the refractive indices of Palmer and Williams [1975].

Figure 4. Monthly evolution of zonally average AOD
compared to observations. Observations (solid lines) are to-
tal column AVHRR measurements of AOD at 500 nm sum-
marized by Minnis et al. [1993]. Simulation (dotted lines)
use monthly zonal averages of total column AOD at
525 nm for the simulation with the van der Waals coagula-
tion correction. Simulated extinction coefficients are calcu-
lated as a function of weight percent and wavelength using
the refractive indices of Palmer and Williams [1975].
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Figure 6. Time evolution of aerosol burden (Tg H2SO4) above 121 hPa for the model and observa-
tions in two regions: (a) “Tropics” (between 20�S and 20�N) and (b) “Global” (between 80�S and
80�N). Simulations with the van der Waals correction (red lines) and without (green lines) are
compared. The Cryogenic Limb Array Etalon Spectromer (CLAES) was used to provide two
estimates based on two different indices of refraction: those from Palmer and Williams [1975]
(PW) and multiplying the PW imaginary component by 1.5 (PW*1.5) [Mergenthaler et al., 1995].
The high-resolution infrared radiation sounder (HIRS) measurements include tropospheric aerosol
[Baran and Foot, 1994].

Figure 7. Evolution of sulfate burden (Tg S) after (a) the Pinatubo eruption and (b) the Toba eruption for
the simulations with the van der Waals coagulation correction. To separate tropospheric from stratospheric
burdens, the tropopause was defined based on a lapse rate definition modified from theWorldMeteorological
Organization [WMO, 1957]. Here, the tropopause is identified as the lowest level at which the lapse rate is
closer to zero than�4K km�1 at that level and the level above it. If the lapse rate at the level above the current
level was +2K km�1 ormore, the current level was flagged as the tropopause regardless ofwhether the current
level lapse rate is less than �4K km�1. The search began above the boundary layer to avoid designation of
boundary layer inversions as the tropopause. Tropopause levels were constrained to be between the pressures
85 to 433 hPa.

ENGLISH ET AL.: MICROPHYSICS OF PINATUBO/TOBA ERUPTIONS

8



efficiency at 525 nm is about five times higher for sulfate
aerosols of 0.45 nm radii compared to those of 1.9 mm radii.
This change in efficiency is illustrated in a comparison of
globally averaged 525 nm AOD (Figure 8c), which is only
20 times higher after Toba than after Pinatubo (2.6 versus
0.13, respectively), due to the combined effects of faster
sedimentation and lower extinction efficiency for larger
particles. For these same reasons, larger volcanic eruption
clouds generally take less time to reach peak values of Reff

and AOD. Global sulfur burdens reach peak values 5months
after the simulated Pinatubo eruption, 4months after
Pinatubo �10, and 4months after Toba. Reff and 525 nm
AOD peak 8months after Pinatubo, 6months after Pinatubo
�10, and 4months after the Toba eruption. The length of the
radiative effect, based on the time that the globally averaged
525 nm AOD remains larger than 0.1 (Figure 8c), is about
1 year after a simulated Pinatubo eruption, 2 years after Pina-
tubo �10, and 4 years after a Toba eruption. In general,
adding the van der Waals coagulation correction to the
model predicts larger particles, and, as a result, lowers bur-
dens and lowers 525 nm AOD. For the Toba eruption, the
simulation with the van der Waals coagulation correction
predicts roughly 10% larger particles, 10% lower burdens,
and 20% lower AOD than the simulation without. Vertically,
extinction initially peaks near the injection zone in the
stratosphere between 10 and 100 hPa, then the peak descends
into the troposphere as the particles grow and sediment
(Figures 9a, 9b, and 9c). Immediately after the eruptions,
525 nm AOD increases near the equator due to aerosol
nucleation near the injection zone. As the cloud spreads
poleward, AOD and column mass increase until they reach a
maximum several months later due to additional nucleation
and condensational growth combined with a longer dynamical
residence time of lower stratospheric air at higher latitudes
compared to the tropics. The rate of vertical and horizontal
spreading would likely be strongly modulated by radiative
feedbacks not included in these simulations. The growth of
particles over time is illustrated by plotting Reff (Figure 10),
where Reff is highest at high latitudes and lower altitudes as
the particles grow with time. While Reff is largest near the
poles for all eruptions, the altitude varies depending on the
eruption. Reff is largest at 100 hPa after the simulated Pinatubo
eruption, 500 hPa after Pinatubo �10, and near the surface

after Toba. The increasing pressure for the maximum particle
size reflects the faster falling rate of the aerosol particles for the
larger eruptions.
[21] Comparing the Toba eruption using our sectional

model with the van der Waals correction to that of a modal
model without the van der Waals correction [Timmreck
et al., 2010], we predict larger zonal-average stratospheric
effective radii in the lower stratosphere after the eruption
(1.6 mm versus 1.1 mm) and near the earth’s surface
(2.5 mm versus 0.6 mm), smaller globally averaged peak
525 nm AOD (2.5 versus 4.0), and a longer radiative effect
based on 525 nm AOD greater than 0.1 (4.1 years versus
3.5 years). There are several possible explanations for the
differences in our simulations. We injected 1000 Tg S in
our model, while Timmreck et al. [2010] injected 850 Tg S
in their model. Our larger injection could account for some
of the increase in Reff, and if the particles got big enough,
a reduction in 525 nm AOD. Timmreck et al. [2010]
included aerosol heating in their model, which would
disperse the cloud more quickly away from the injection
zone, likely reducing Reff, and if particle growth was
sufficiently limited, increase AOD. Our model includes
van der Waals forces in our coagulation scheme, while the
model from Timmreck et al. [2010] does not. Indeed, our
simulation without van der Waals correction predicts Reff

(1.3 mm versus 1.1 mm in the lower stratosphere) and 525
nm AOD (2.9 versus 4.0) closer to that from Timmreck
et al. [2010] than our simulation with the van der Waals
correction. Another possible factor in the difference between
simulations is that our aerosol size distributions consist of an
evolving mode peak radius as well as mode width. Timmreck
et al. [2010], utilizing a two-moment modal model, prescribed
a constant mode width, as domost modal models. Aerosol size
distributions are discussed in more detail in the next section.
[22] Our simulations suggest that the climate effects from

the Toba super-eruption may not have been as severe as
originally suggested by simulations using bulk aerosol
models [Jones et al., 2005; Robock et al., 2009] due to
particle growth to large sizes, consistent with results
originally postulated by Pinto et al. [1989] and recent results
by Timmreck et al. [2010]. Our simulations do not include
feedbacks with the land surface, but other climate simulations
coupled to dynamic vegetation found insufficient feedbacks in

Figure 8. Temporal evolution of global-average aerosol for the six simulations: (a) burdens (Tg S), (b)
525 nm AOD, and (c) Reff. Reff is weighted by dividing the aerosol surface area in each grid box by the
total vertically integrated surface area to normalize by the amount of aerosol in each grid box. Surface area
was chosen to provide a consistent weighting to the denominator of the definition of effective radius. Note
Reff and AOD are on a linear y-axis but burdens are on a log y-axis.
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the land–atmosphere system to cause a sustained climate
impact [Robock et al., 2009]. As Robock et al. [2009]
prescribed a smaller Reff (0.4mm dry Reff) than predicted by
our sectional model, it is likely the climate effect is even
smaller than they postulated.

6. Aerosol Size Distribution Properties

[23] Our sectional model predicts significant shifts to the
nucleation and accumulation modes after the simulated

eruptions. In this section, we focus on evolution of the accumu-
lation mode. Although the nucleation mode shifts significantly,
the accumulation mode is the dominant contributor to mass
extinction efficiency and aerosol burdens. Recall that various
aerosol modules (bulk, modal, and sectional) predict varying
radiative effects due in part to differences in Reff which is
strongly related to the accumulation mode. An analysis of
monthly averaged aerosol size distributions after the simulated
Pinatubo and Toba eruptions reveal large changes in aerosol
size modes in the tropical tropopause region and high-latitude

Figure 9. Vertical contour plots of global-average 525 nm extinction (times 103 km�1) as a function of
time for (a) simulated Pinatubo eruption, (b) simulated 10 times Pinatubo eruption, and (c) Simulated
Toba eruption. Zonal average contour plots of 525 nm AOD as a function of time for (d) simulated
Pinatubo eruption, (e) simulated 10 times Pinatubo eruption, and (f) simulated Toba eruption. All simulations
include the van der Waals coagulation correction. Simulated extinction coefficients are calculated as a
function of weight percent and wavelength using the refractive indices of Palmer and Williams [1975].
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troposphere and stratosphere (Figure 11). In the first few
months after both simulated eruptions, there is a one to two
order of magnitude increase in particle number in the tropical
stratosphere due to nucleation (months 7 and 9 in Figures 11a
and 11b). Particle growth and coagulation creates an accumula-
tion mode that is defined by month 11 and reaches its peak size
larger than 1mm amonth later, and then proceeds to decrease in
size and number for the remainder of the 3 year period. In the

high-latitude troposphere and stratosphere (Figures 11c and
11d), the aerosols have aged somewhat and have been trans-
ported to this region from the tropical stratosphere via the
Brewer–Dobson circulation. The appearance of the accumula-
tion mode particles is delayed compared to the tropical
stratosphere, but the particles are larger, reflecting the additional
time to grow. In the high-latitude stratosphere, the accumulation
mode reaches its peak size about 15months after the Pinatubo

Figure 10. (a–c) Vertical contour plots of Reff (um) as a function of time for (a) simulated Pinatubo
eruption, (b) simulated ten times Pinatubo eruption, and (c) simulated Toba eruption. (d–f) Zonal average
contour plots of Reff as a function of time for (d) simulated Pinatubo eruption, (e) simulated 10 times Pinatubo
eruption, and (f) simulated Toba eruption. Reff is weighted by dividing the aerosol surface area in each grid
box by the total vertically integrated surface area to normalize by the amount of aerosol in each grid box.
Surface area was chosen to provide a consistent weighting to the denominator of the definition of Reff. All
simulations include the van derWaals coagulation correction. Simulated extinction coefficients are calculated
as a function of weight percent and wavelength using the refractive indices of Palmer and Williams [1975].
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eruption (month 21 in Figure 11c) and about 7months after the
Toba eruption (month 13 in Figure 11d). In both regions, the
particles at the large end of the accumulation mode disappear
more quickly than those at the small end of the accumulation
mode due to the faster sedimentation of the largest particles.
The details of this evolving aerosol size distribution can
have significant impacts on radiative forcing, as aerosol mass
extinction efficiency is strongly related to particle radius.
Aerosol mass extinction efficiency for 525 nm radiation peaks
at about 0.4mm particle radius and for 1024nm radiation peaks
at about 0.8mm radius. When particles are larger than the radius
of maximum mass extinction, their radiative forcing is less
efficient. Hence, large eruptions, with their large particles, can
be self-limiting.
[24] The evolving size distributions predicted by our

sectional model are complex and would be difficult to accu-
rately prescribe in bulk aerosol or modal models. To assist
with comparison to modal models, we calculate accumulation
mode peak size and width from our sectional model by
finding the mode width that most closely resembles our size
distributions, assuming a lognormal shape. Mode width is
found by finding the mode width of a lognormal distribution
with the smallest difference from our sectional model. Differ-
ence is calculated by summing fractional errors at each bin on
the large half of the distribution (from the mode peak to the

largest bin) and finding the mode width with the smallest
error. Calculations begin with the first month containing an
accumulation mode in that region, which ranged from zero
to three months after the eruption. These calculations have
been completed for the three simulated eruptions over time.
In the tropical stratosphere (Figure 12a), the mode peak size
is predicted to reach 0.69mm after Pinatubo, 1.3mm after
Pinatubo �10, and 1.7mm after Toba, afterwards decreasing
within a few months to about 0.5mm as the particles are trans-
ported to higher latitudes via the Brewer–Dobson circulation.
In the high-latitude troposphere and stratosphere (Figure 12b),
there is a longer time lag to reach mode peak size (12months
after the Pinatubo eruption, 6months after the Pinatubo �10
eruption, and 4months after Toba), but the peak size is larger
except for Pinatubo (2.0mm for Toba, 1.5mm for Pinatubo
�10, and 0.32mm for Pinatubo). Due to a relatively longer
aerosol lifetime in the troposphere and stratosphere, the rate
of decline is slower in the high latitudes, with mode peak
size still declining after 5 years for the eruptions larger than
Pinatubo. Mode widths are generally more stable with time
than Reff, but vary significantly with eruption size. In the
tropical stratosphere, the Pinatubo mode width is about 1.2
and Pinatubo �10 is about 1.3. Mode width is about 1.3 for
the first 6months after the simulated Toba eruption, then
jumps to 1.6 as the accumulationmode broadens and the mode

Figure 11. Evolving monthly average accumulation mode size distribution for Pinatubo (top row)
and Toba (bottom row) every 2months for 35months. The eruption occurred in month 6. The regions
analyzed were chosen to include the majority of the volcanic cloud for both eruptions.
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peak gets smaller, then slowly declines back to 1.2. In the
high-latitude troposphere and stratosphere, mode width ranges
from 1.4 to 1.8 after the Pinatubo eruption, 1.3 to 1.9 after
Pinatubo �10, and 1.3 to 1.5 after Toba. The mode width
broadening is due to condensational growth of excess H2SO4

onto pre-existing particles, particularly in the tropics. The
mode peak and mode width curves would likely be smoother
with higher bin resolution (our model had six bins between
0.5 and 2.0mm for these simulations). Also, it is not clear
how much mode peak or widths predicted by our sectional
modal would change if our model included aerosol heating
or QBO. Aerosol number in the accumulation mode in the
tropical stratosphere (Figure 12c, solid lines) increases about
a month after the eruption due to coagulation and growth of
nucleation mode particles, then declines due to coagulation
within the accumulation mode, sedimentation, and transport
to high latitudes. In the high-latitude troposphere and strato-
sphere (Figure 12d, solid lines), aerosol number in the
accumulation mode increases about 6months after the

eruption due to transport from the tropics. In both regions for
all eruptions, there is significant variation in aerosol number
in the accumulation mode with time. The perturbations
generally correspond with times when the nucleation mode
is shifting to the accumulation mode (see Figure 11). During
these times, the shape of the accumulation mode is not well
defined due to overlap with the nucleation mode. It is difficult
to compute aerosol number in the accumulation mode due to
this overlap. Therefore, we computed aerosol number on the
large size of the mode peak only and doubled the number. This
may introduce errors if the mode is not symmetric. When
computing aerosol number at all sizes greater than 0.1mm
(Figures 12c and 12d, dotted lines), the curves are smoother
with time.
[25] Timmreck et al. [2010] prescribed a mode width of

1.2 for their Toba simulation, which is close to the
mode width predicted by our sectional model in the tropical
stratosphere during the first 6months after the eruption, but
in the low end of the range of mode widths found when

Figure 12. (a–b) Simulated monthly average peak mode radius (mm) and mode width (assuming a
lognormal mode) for Pinatubo, Pinatubo �10, and Toba eruptions over time in two regions. Calculations
were made assuming a lognormal shape. Mode peak is found by the searching for the first maxima in
dndlogr smaller than the largest bin. Mode width is found by finding the mode width of a lognormal
distribution with the smallest difference from our sectional model. Difference is calculated by summing
fractional errors at each bin on the large half of the distribution (from the mode peak to the largest bin)
and finding the mode width with the smallest error. Gaps occur when the accumulation mode did not have
a peak. (c–d) Simulated monthly average aerosol number (cm�3) in the accumulation mode (solid lines)
and across all bins > 0.1 mm (dashed lines). Accumulation mode number is found by adding up all bins
from the mode peak to the largest bin and doubling it, because overlap between the accumulation mode
and nucleation mode made determination of aerosol number difficult at sizes smaller than the mode peak.
Gaps occur when the accumulation mode did not have a peak.
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analyzing a broader spatial and temporal range (1.2 to 1.6).
It is unclear how much this would impact their results. In
the stratosphere, the large end of the size distribution can
significantly impact sedimentation rates and differences in
mode width significantly impacted stratospheric aerosol
properties when comparing modal and sectional models
[Weisenstein et al., 2007]. In an intercomparison study,
Weisenstein et al. [2007] found sectional models to predict
larger stratospheric aerosols after Pinatubo than modal
models, and sectional models compared better to observations.
Kokkola et al. [2009] completed an intercomparison between
microphysical and sectional versions of the ECHAM
model and found significant differences in the evolution of
stratospheric aerosol size distributions, with differences
between modal and sectional models increasing with increas-
ing SO2 injection rate. Mann et al. [2012] found significant
changes in simulated aerosol mixing ratios and number
concentrations in the lower troposphere when modifying
mode widths and found that changing the mode width
from 1.59 to 1.4 significantly improved a comparison of their
modal model to observations of different aerosols. Future
modeling studies should include aerosol radiative feedbacks,
van der Waals forces in the coagulation scheme, and sectional
bin representation for a more comprehensive understanding of
aerosol evolution after volcanic eruptions.

7. Conclusions

[26] Simulations of the 1991 eruption of Mount Pinatubo
using a 3D microphysical sectional aerosol model coupled
to a whole atmosphere model (WACCM/CARMA) predict
the magnitude and timing of peak Reff, 525 nm AOD,
and tropical burden to be within the range of available
observations. The model predicts zonal-average strato-
spheric Reff at 15�N to increase from 0.19 mm at ambient
conditions to 0.72 mm six months after the eruption. The
stratospheric aerosol perturbations as defined by changes in
Reff, 525 nm AOD, and burden decrease more quickly in
the model than observed by AVHRR, SAGE II, HIRS, and
CLAES, which is likely due to lack of aerosol heating in
the model. Heating would increase aerosol lofting to higher
altitudes, hemispheric transport, and stratospheric lifetime.
This hypothesis is supported by simulations with and
without aerosol heating by Young et al. [1994], Timmreck
and Graf [2006] and Aquila et al. [2012]. In the mid- and
high-latitude Southern Hemisphere, the simulated 525 nm
AOD is about one-third that of observations 3months
after the eruption. This difference, in addition to the lack
of aerosol heating in the model which would increase
hemispheric transport, may also be due to the August
eruption of Cerro Hudson in Chile, which is not included
in the model. Finally, some discrepancy between the model
and observation may also be caused by differences in
meteorology (QBO and Brewer–Dobson circulation), as
the model was run freely and not constrained to the actual
wind patterns present during the 1991 eruption, although in
1991, the QBO was in an easterly phase, and the model
predicts constant easterlies.
[27] Volcanic eruptions with increasing SO2 injection size

are predicted to have self-limiting effects due to particle
growth, as originally postulated by Pinto et al. [1989] and
supported by Timmreck et al. [2010]. Our simulations

predict globally averaged Reff between 1 and 200 hPa to
peak at about 0.45 mm after Pinatubo and 1.9 mm after Toba.
Peak burdens after Toba are 50 times higher than after
Pinatubo, despite 100 times SO2 injection size. 525 nm AOD
is limited further, due to the combined effect of faster sedimen-
tation rates and lower extinction efficiency per unit mass.
Globally averaged 525 nm AOD after Toba is only 20 times
higher than after Pinatubo (2.6 versus 0.13, respectively).
[28] The aerosol size distributions in our sectional model

are predicted to vary spatially and temporally after simulated
eruptions. We fit lognormal size distributions to modeled
size distributions to better understand how a model using a
modal representation rather than the sectional representation
we used might track the volcanic cloud size distribution. In
the tropical stratosphere, the simulated mode peak size
reached 0.69 mm after Pinatubo, 1.26 mm after Pinatubo
�10, and 1.75 mm after Toba. Mode widths are generally
more stable with time, but vary significantly with eruption
size, altitude, and latitude. Mode widths range from 1.2 to
1.9 and are generally wider with larger eruptions, but not
always. To date, bulk aerosol studies [Robock et al., 2009]
and modal aerosol studies [Timmreck et al., 2010] of
Toba prescribe a constant mode width. It is unclear how
much error using a fixed mode width would introduce.
Intercomparison studies have found modal models to have
biases in stratospheric aerosol properties due to errors in
mode widths [Weisenstein et al., 2007] and found that
changing the mode width improved comparisons to surface
aerosol [Mann et al., 2012].
[29] Adding van derWaals forces to our coagulation scheme

increases the growth rate of stratospheric aerosols, with Reff,
525 nmAOD, and burdens reaching peak values more quickly,
increasing the peak Reff, and decreasing peak 525 nm AOD
due to the lower extinction efficiency per unit mass for larger
particles. Due to the uncertainty of observations after Pinatubo,
it is unclear whether simulations that include van der Waals
forces better match observations after a volcanic eruption.
However, simulations with van der Waals forces have been
found to better match aircraft observations of ambient strato-
spheric aerosol number concentration [English et al., 2011],
and laboratory measurements have suggested the importance
of van derWaals forces for coagulation rates of sulfate aerosols
[Chan and Mozurkewich, 2001]. Sulfate aerosol models
should include van der Waals forces in their coagulation
schemes, especially when studying the stratosphere or other
applications where sedimentation rates are very sensitive to
aerosol size distribution. Future modeling studies should
include aerosol radiative feedbacks, the presence of a QBO,
van der Waals forces in the coagulation scheme, and sectional
bin representation for a more comprehensive understanding of
aerosol evolution after volcanic eruptions.
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