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ABSTRACT

Large-scale tracer transport in the upper troposphere and lower stratosphere (UTLS) is investigated
using simulations of the Whole Atmosphere Community Climate Model (WACCM) over the period
1955-2099. The analyses are based on €90, an artificial passive tracer with constant emissions and at-
mospheric loss rates. The separate contributions of advection by the residual circulation, eddy mixing,
and subgrid convection to total transport are explicitly evaluated. The results highlight distinct large-
scale transport regimes in the tropics, characterized by efficient vertical tracer transport, and the
extratropics, dominated by isentropic mixing. One novel result is the important role of vertical eddy
mixing in the tropical upper troposphere. It is shown that interannual variability in €90 is largely driven
by El Nifio—Southern Oscillation and the quasi-biennial oscillation. The long-term trends emphasize a
strong impact of a rising tropopause with climate change on UTLS dynamics and tracer transport. The
analyses directly attribute the €90 trends to changes in the different transport components. Stronger
residual circulation in the future leads to increased tracer concentrations in the tropical lower stratosphere.
Enhanced eddy mixing increases €90 in the extratropical lowermost stratosphere, linked to an upward
shift of wave dissipation tied to the tropopause rise. In the troposphere, reduced concentrations in the
future are due to weaker convective transport out of the boundary layer and weaker extratropical
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isentropic eddy mixing.

1. Introduction

The distribution and variability of chemical com-
pounds in the upper troposphere and lower strato-
sphere (UTLS) play a particularly important radiative
role in the climate system (e.g., Forster and Shine 1997;
Forster and Shine 2002). Because of the very different
chemical composition of the troposphere and the
stratosphere and the resulting strong tracer gradients in
this transition region, transport processes are major
drivers of variability in the UTLS composition (Holton
et al. 1995). Observational and modeling studies have
shown large intraseasonal to interannual variability in
radiatively active tracers in this region, such as water
vapor and ozone, associated with variability in trans-
port (e.g., Mote et al. 1996; Randel et al. 2004; Randel
et al. 2007; Abalos et al. 2012; Ploeger et al. 2012). In
addition, long-term trends in UTLS composition
driven by changes in transport are expected as the cli-
mate warms as a result of increasing anthropogenic
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emissions. For instance, concentrations of tropospheric
ozone could increase because of enhanced stratosphere-
to-troposphere transport in the future (e.g., Neu et al.
2014; Banerjee et al. 2016). Predicted changes in the
stratospheric circulation can modify the amount of wa-
ter vapor concentrations in the lower stratosphere, with
potentially important impacts for global climate (e.g.,
Solomon et al. 2010; Maycock et al. 2014). Predicting the
future evolution of chemical species implies not only
correctly representing transport but also the chemical
mechanisms. Indeed, for chemical species with time-
varying sources, changes in circulation can play a sec-
ondary role on the long-term trends (Garcia et al. 2007).
Moreover, feedbacks between chemistry, radiation, and
dynamics make attributing model trends challenging,
especially since the exact role of these feedbacks on
climate is still not well understood (Nowack et al. 2014;
Marsh et al. 2016).

This complexity motivates the use of artificial tracers
to study tracer transport in isolation from chemical
processes and their two-way interactions with dynamics.
This approach has been widely exploited to investigate
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the characteristics of large-scale transport in general
circulation models. In particular, a number of studies
have derived the statistics of transport (sometimes re-
ferred to as the transport climate) from the dispersion of
passive tracer pulses emitted at the surface, using the
Green function as a propagator (e.g., Mahlman and
Moxim 1978; Plumb and Mahlman 1987; Holzer 1999;
Bowman and Carrie 2002; Erukhimova and Bowman
2006). Stratospheric age of air, which can be thought as a
clock tracer initialized at the tropopause, has been ex-
tensively used to evaluate transport time scales in the
stratosphere (e.g., Hall and Plumb 1994; Waugh and
Hall 2002). In the present work, the artificial tracer €90
is used to examine UTLS transport. This tracer was
introduced by Prather et al. (2011) with the aim of
defining a tropopause that effectively separates strato-
spheric from tropospheric air from a chemical compo-
sition perspective. It has been used in recent studies of
stratosphere—troposphere exchange both as an accurate
tropopause definition and as a UTLS passive tracer (e.g.,
Hsu and Prather 2014; Yang et al. 2016; Randel et al.
2016; Pan et al. 2016). The tracer €90 is emitted uni-
formly at the surface (i.e., an identical €90 flux is im-
posed at every grid point in the lower boundary of the
model) and has an e-folding lifetime of 90 days every-
where in the atmosphere (i.e., the loss rate is given by
the local concentration of €90 divided by 90 days). This
lifetime is long enough to allow for the tracer to become
fairly well mixed throughout the troposphere but short
with respect to the transport time scales in the strato-
sphere. This results in sharp €90 gradients across the
tropopause, similar to those exhibited by real tracers
such as ozone or carbon monoxide (CO). The homo-
geneous and constant emissions and loss allow us to
extract general conclusions on large-scale transport
characteristics. In particular, long-term trends in this
tracer can be attributed to changes in transport alone,
independently of changes in emissions or chemical
processes.

Zonal-mean tracer transport in the transformed
Eulerian mean (TEM) framework can be conveniently
divided into a component due to advection by the mean
residual circulation plus an eddy transport component,
linked to rapid stirring and two-way mixing of air masses
(e.g., Andrews et al. 1987). This separation provides
information on the contribution of each transport pro-
cess to the mean tracer distribution and the total trans-
port time scales in different regions (e.g., Randel et al.
1994; Ploeger et al. 2015; Ploeger and Birner 2016).
Moreover, it can help to identify and interpret model
biases that are obscured in integrated measures such as
the age of air and thus can help improve the long-term
predictions of tracer distributions (Ray et al. 2016). In
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the present work, we use the TEM tracer continuity
equation to investigate transport of €90 in the UTLS,
including terms that are usually negligible in the
stratosphere but can be important in the troposphere,
such as transport by convection and vertical diffusion
due to turbulent processes in the boundary layer. In the
usual global climate model grids (~1°-2° longitude and
latitude) these processes are not resolved but are pa-
rameterized, and thus the details can potentially be
strongly model dependent (e.g., Orbe et al. 2017).
Nevertheless, it is important to include them as they play
an important role in tropospheric tracer transport (Hess
2005; Erukhimova and Bowman 2006; Orbe et al. 2017).

A fundamental open question is how an evolving
climate may impact global tracer distributions. Un-
derstanding future changes in tracer transport is key not
only for assessing trends in the radiative properties of
the atmosphere but also for air quality issues. Robust
responses of the large-scale circulation to climate
change in models include a lifting of the tropopause
and a strengthening of the upper flank of the subtropical
jets, while a slight poleward shift in the near-surface
westerlies and a widening of the Hadley cell are more
uncertain and model-dependent changes (Lorenz and
DeWeaver 2007; Vallis et al. 2015). In the stratosphere,
there is a consensus among models that age of air will
decrease in the future due to an acceleration of the re-
sidual circulation (e.g., Butchart 2014).

While long-term trends in middle atmosphere trans-
port circulation have been a subject of active research
in the last decades, only a few model studies have
addressed future tracer transport trends at lower levels.
Rind et al. (2001) examined global changes in several
long-lived tracers [including chlorofluorocarbons (CFCs)
and SF¢] in a doubled-CO, world, and obtained 30%
stronger troposphere-to-stratosphere exchange in the
tropics, which was attributed to enhanced stratospheric
upwelling and tropical deep convection. They also
noted a reduction in lower-tropospheric concentrations,
which was attributed to increased convective transport.
In contrast, Held and Soden (2006) demonstrated that a
reduction of convective transport out of the boundary
layer is an expected robust response to climate change,
linked to the higher water vapor concentrations in the
lower troposphere. Holzer and Boer (2001) imposed
pulse surface emissions of artificial tracers over four
different locations and used the Green function ap-
proach to derive the climatology of transport under
present and future conditions. Their results suggested an
overall weakening of transport in the troposphere in the
future, leading to longer transit time scales. Using a two-
box model, they estimated a 25% reduction in the tro-
pospheric tracer burden and an equivalent increase in
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the stratosphere by the end of the twenty-first century,
attributed mainly to a small rise in the tropopause.
Fang et al. (2011) examined future changes in a
CO-like artificial tracer, and their results also high-
lighted an important role of the tropopause changes in
determining future trends in tracer distribution. Using
a dry dynamical core, Orbe et al. (2013) analyzed the
changes in tropospheric transport for separate air
masses originating in the stratosphere and near the
surface. Their results suggested a decrease in stratosphere-
to-troposphere transport at high latitudes due to reduced
residual circulation downwelling at the tropopause, along
with enhanced isentropic eddy mixing across the sub-
tropical tropopause. They also found enhanced transport
out of the midlatitude boundary layer toward the polar
free troposphere in the future. In contrast with other
works, this idealized model study did not produce in-
creased future concentrations of tropospheric tracers in the
stratosphere.

In the present work, we examine UTLS tracer trans-
port and the long-term trends over the period 1955-2099
using simulations with the Whole Atmosphere Com-
munity Climate Model (WACCM). The model and the
specific simulations used are introduced in section 2.
Section 3 presents the climatological distribution of €90
and the contribution of the different transport terms.
Section 4 focuses on the interannual variability of €90,
and section 5 examines the €90 trends and their dy-
namical origin. Section 6 presents the main conclusions
and a discussion of the results in light of previous works.

2. Model simulations

We use runs of the Whole Atmosphere Community
Climate Model. WACCM is the atmospheric compo-
nent of the Community Earth System Model, version 1
(CESM1), which extends to altitudes up to near 140 km.
These runs use version 4 of WACCM, based on CAM4
(Neale et al. 2013). It has 66 vertical levels, the hori-
zontal resolution is 2.5° longitude X 1.9°latitude, and the
vertical resolution is 1.2-1.5km in the UTLS. The
chemistry module is an update to Kinnison et al. (2007)
for use in the Chemistry—Climate Model Initiative
(CCMLI; Eyring et al. 2013; Morgenstern et al. 2017) and
includes ~180 species and more than 470 chemical re-
actions. The transport scheme is a finite-volume dy-
namical core, which has a Lagrangian coordinate in the
vertical (Lin 2004; Lauritzen et al. 2011). Neale et al.
(2013) describe the improvements in CAM4 with re-
spect to its predecessor, including the impacts of new
convective parameterizations and the finite-volume dy-
namical core. Marsh et al. (2013) provide further in-
formation of the version of the model used here. The
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orographic and nonorographic gravity wave parame-
terizations are described in Garcia et al. (2007) and
Richter et al. (2010), respectively, with recent modifi-
cations described in Garcia et al. (2017).

The runs used here are the REF-C2 reference runs
carried out for CCMI, which have coupled atmo-
sphere, ocean, ice, and land components of the CESM
(Morgenstern et al. 2017). These runs cover the pe-
riod 1955-2099, they have fully interactive atmo-
spheric chemistry, and the emissions follow the
representative concentration pathway 6.0 (RCP6.0)
scenario. Although three members are available for
the CESM WACCM REF-C2 runs, all the results
shown here are very similar for each member, and
thus we only include results for the first member.
These WACCM runs have an imposed quasi-biennial
oscillation (QBO), with equatorial stratospheric
winds between 86 and 4 hPa relaxed toward observed
variability, repeated in the future (Marsh et al. 2013).

The €90 tracer is emitted homogeneously at the sur-
face (over both land and ocean), with a constant flux of
2.7736 x 10" molem s~ .

3. Climatological structure of 90
a. Annual mean

Figure 1 shows the latitude—altitude cross section of
annual-mean €90 averaged over the entire REF-C2 pe-
riod (1955-2099). The concentration of €90 is maximum
near the surface, is relatively homogeneous in the free
troposphere (changing only from around 150 ppbv near
the surface to 90 ppbv at the tropopause), and has sharp
gradients across and just above the tropopause (de-
creasing to 10 ppbv just Skm above the tropopause).
The large gradients in the UTLS are due to the 90 day
lifetime of the tracer, which is slow relative to the ver-
tical transport in the troposphere but fast compared to
the rate of vertical transport in the stratosphere. This
makes the distribution of €90 particularly sensitive to
circulation changes near the tropopause. The €90 con-
tour of 90 ppbv, used by Prather et al. (2011) to define
the chemical tropopause, coincides roughly with the
lapse-rate tropopause, although it is slightly lower, es-
pecially in the extratropics (and more so in the SH).
Near the surface, €90 has a nonuniform latitudinal
structure despite the uniform emissions, with high sur-
face concentrations extending to higher levels near the
equator and at high latitudes, reflecting different rates of
ventilation out of the boundary layer, as will be shown
below. Within the relatively well-mixed tropospheric
distribution, two tongues of depleted e90 concentrations
can be observed in the subtropical middle and upper
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FIG. 1. Climatology of €90 concentrations (shading; ppbv) for
the annual mean in the REF-C2 WACCM run as a function of
latitude and log-pressure altitude Z = —H In(p/py) with H = 7 km
and py = 1000 hPa. The 90-ppbv contour is shown in gray. The
thick black contour shows the lapse-rate tropopause. The green
contours show the zonal-mean wind (10ms~' spacing; zero
omitted), and the white contours show selected isentropes (300,
320, 350, 380, 450, and 500 K).

troposphere, approximately extending along the 320-K
isentrope in each hemisphere (see the 110-ppbv con-
tour). Randel et al. (2016) hypothesized that these
structures could be linked to isentropic transport of air
from the extratropical lower stratosphere. The contri-
bution of the different transport mechanisms in shaping
this structure will be analyzed below using the TEM
framework. The overall e90 structure in Fig. 1 is con-
sistent with that of other artificial tracers in previous
studies mentioned in the introduction (e.g., Bowman
and Carrie 2002; Hall and Plumb 1994), but €90 high-
lights the transport processes in the region around the
tropopause.

To interpret the mean structure of €90 in Fig. 1, we
compute the terms in the TEM continuity equation for
€90. This equation can be written for the zonal-mean
tracer mixing ratio y on pressure levels as (Andrews
et al. 1987)

X, = —v*x, — WX, +V-M+L+X, (1)

where M= —e [y’ — WTIS)x,, wx + WTIS)x,]
is the eddy tracer flux vector. The subscripts indicate
partial derivatives; (v*, w*) are the residual circulation
components; overbars indicate zonal mean and primes
deviations from it; § = HN?/R, where N? is the Brunt—
Viisild frequency squared, the scale height is taken as
H =7 km, and R is the ideal gas constant; and the log-
pressure altitude is z = H In(po/p), with po = 1000 hPa.
The term L represents €90 loss and can be expressed as
L = —7""y, with 7 =90 days. The term X on the right-
hand side of Eq. (1) accounts for subgrid processes that
are not resolved in the model, including transport by the

JOURNAL OF THE ATMOSPHERIC SCIENCES

VOLUME 74

shallow and deep convection schemes and by vertical
diffusion due to parameterized boundary layer mixing.
Transport due to breaking nonorographic gravity waves
(not shown) is very small in the UTLS. On the other
hand, transport by breaking orographic gravity waves is
not an available output in this version of the model, and
thus it is not included. However, as will be discussed
later, this is likely a small term in the UTLS.

Figure 2 shows the different terms in the annual-mean
TEM balance as a function of latitude and pressure. The
calculations are done using daily mean output, and
the results are averaged over 6 years at the beginning of
the simulation (1956-61). The €90 tendency, on the left-
hand side of Eq. (1), equals zero for the annual average
and thus it is not included in Fig. 2. Advection by the
residual circulation increases €90 concentrations in the
tropical UTLS and decreases them in the extratropics,
particularly strongly over high latitudes in the tropo-
sphere (Fig. 2a). The eddy transport term V-M, a
function of eddy tracer fluxes, can be approximately
associated with the tracer transport resulting from two-
way mixing of air masses, although this term does
not strictly isolate the irreversible process of mixing
(e.g., Nakamura 1996). The direction of the eddy flux
vector M (denoted by arrows in Fig. 2b) is mainly along
isentropes everywhere except in the tropical tropo-
sphere, where the vertical component of the flux domi-
nates (Fig. 2b). Isentropic transport above the
subtropical jets leads to decreases in tropical/subtropical
€90 and increases poleward of the jet cores. In the tro-
posphere, isentropic eddy transport leads to exchange of
air between the lower-troposphere middle latitudes and
the UTLS high latitudes. This two-directional isentropic
mixing on the upper and lower flanks of the jets is closely
related with breaking of medium-scale (wavenumbers
~4-7) transient Rossby waves (Abalos et al. 2016b).
Vertical eddy mixing in the UT increases €90 concen-
trations everywhere between 30°N and 30°S and be-
tween about 320 and 380K, making an important
contribution to the balance in that region, which has not
been highlighted before to our knowledge. Interestingly,
this vertical eddy transport overshoots the tropopause at
the equator, increasing €90 concentrations in the deep
tropics of the lowermost stratosphere.

Figure 2c shows annual-mean €90 transport by the
convective parameterizations in WACCM (shallow and
deep convection). The convective influence, which in-
creases €90 values in the free troposphere, reaches
highest altitudes in the tropics [around 12 km, consistent
with the typical altitude of deep convective towers (e.g.,
Johnson et al. 1999)]. However, the region of strongest
convective outflow in the deep tropics is located at a
lower level (near 5km). Note the relative minima in
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FIG. 2. Terms in the €90 TEM balance (ppbv day '): (a) advection by the residual circulation, (b) eddy transport,
(c) shallow and deep convection, (d) vertical diffusion, (¢) chemical loss, and (f) the balance residual. Results are
shown for the annual mean over 1956-61 of the REF-C2 run. The vectors in (a) depict the residual circulation
advective fluxes and in (b) the eddy tracer flux vector M [see Eq. (1)]. The vectors are scaled to account for the
difference in the vertical vs horizontal dimensions and divided by a function of density to enhance the upper levels.
The gray contour shows the lapse-rate tropopause. The black contours show the zonal-mean wind (10ms ™!

spacing; zero omitted), and the green contours show selected isentropes (300, 320, 350, 380, 450, and 500 K).

convective transport above 5km in the subtropics of
both hemispheres, consistent with suppressed convec-
tion in these regions of climatological subsidence by the
Hadley cell. Figure 2d shows the €90 tendency due to
(explicit) vertical diffusion in the model. This term is
largest in the lower troposphere, related to €90 transport
in the boundary layer. The specified 90-day chemical
loss tendency is shown in Fig. 2e, and it shows the ex-
pected structure proportional to the €90 climatology in
Fig. 1. Finally, Fig. 2f shows the residual of the balance,

expressed as the additional term needed on the right-
hand side of Eq. (1) to make the annual-mean tracer
tendency equal zero. This residual is in general smaller
than the other terms, but it is nonnegligible in some
regions, especially in the SH extratropics.

There are several factors that contribute to the non-
zero residual. First, the transport scheme has an implicit
numerical diffusion, both in the vertical and in the hor-
izontal, which is not included in the TEM balance. This
diffusion is larger in regions of small-scale features
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associated with strong gradients. Second, as mentioned
in section 2, this version of WACCM uses a vertically
Lagrangian finite-volume transport scheme, in which the
vertical coordinate is initialized as the terrain-following
hybrid coordinate and then is allowed to evolve freely
as a material surface (Lin 2004). In this scheme, vertical
transport is computed by remapping the tracer into
model levels. Hence, the vertical velocity used to com-
pute the TEM balance is a diagnostic variable, not used
to advect the tracer in the model. In addition, the TEM
calculations are carried out using daily mean data, while
in the model the advection time step is much smaller
(less than 10 min in these simulations). Because the av-
erage of the product is not equal to the product of
the averages, this leads to differences in the products in
Eq. (1). Finally, the TEM calculations in Fig. 2 are car-
ried out on pressure levels (or equivalently on log-
pressure altitude), while in the model transport is
performed on hybrid levels, which are terrain following
below ~100hPa. The linear interpolation to pressure
levels introduces numerical errors that might contribute
to prevent exact closing of the balance. All these nu-
merical issues contribute to a nonzero residual in the
balance, although their relative importance cannot be
assessed from our analyses.

The numerical origin of the residual is confirmed by
the fact that the balance can be closed when the trans-
port tendency is computed directly inside the model’s
dynamical core. The total tracer-resolved transport
computed by the model is shown in Fig. 3a, as compared
to the resolved transport computed from Eq. (1) (i.e.,
the sum of the advective and the eddy transport terms,
shown in Fig. 3b). The total transport terms are overall
very similar, and the difference between Figs. 3a and 3b
almost exactly equals the residual in Fig. 2e (not shown).
This implies that the imbalance is due to differences in
the numerical methods employed inside the model’s
transport scheme and those using the model output de-
scribed above, and not due to other processes not in-
cluded in the balance (such as nonorographic gravity
waves). Note that the main differences (i.e., the larger
balance residuals) in the UTLS are found near the jets,
especially in the SH. We have checked that the residual
obtained from computing the zonal-mean transport from
three-dimensional (3D) advection from the model out-
put is almost equal to the residual in the TEM balance in
Fig. 2e (not shown). Examining the residual of the 3D
balance, we have found that large residuals generally
have the form of filamentary structures along strong
westerly winds, especially in the SH UTLS. Hence, the
larger residuals are found in regions of strong wind shear
around the jets and near the tropopause, characterized
by frequent wave breaking and associated formation of
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FI1G. 3. Comparison of annual-mean e90 resolved transport
computed (a) directly inside the transport scheme of the model and
(b) from the TEM calculations (advection plus eddy). Results are
shown for the annual mean over 1956-61 of the REF-C2 run. The
gray contour shows the lapse-rate tropopause. The black contours
show the zonal-mean wind (10ms~! spacing; zero omitted), and
the green contours show selected isentropes (300, 320, 350, 380,
450, and 500 K).

fine filaments in the tracers. These small-scale structures
are smoothed out by numerical diffusion in the model
transport scheme (and in the atmosphere eventually by
molecular mixing), but this implicit diffusion is not in-
cluded in the TEM balance. The small-scale structures
also enhance the differences between the instantaneous
and daily mean calculations. In addition, there are par-
ticularly large values of the residual over regions with
high orography (particularly over the Himalayas, the
Rocky Mountains and the Andes). In these regions
there are large variations in vertical motion over small
horizontal scales, leading to small-scale features and
sharp gradients over small regions that enhance the
numerical differences, contributing to the residual in the
zonal-mean balance. In summary, there are non-
negligible residuals in the SH extratropical UTLS which
have a numerical origin (Fig. 2f), and in the rest of the
paper we take special care when examining the balance
terms in this region. Specifically, the contribution of the
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different terms in the TEM budget [Eq. (1)] to the €90
seasonality and to the long-term trends will be ques-
tioned in this region of largest uncertainties.

From the TEM analysis in Fig. 2 the layers with
relatively low €90 below the subtropical jets in the
zonal-mean climatological structure of €90 (Fig. 1)
cannot be attributed to a single transport mechanism,
but rather result from a combination of them. Overall,
relatively small transport tendencies lead to relatively
e90-depleted air in these regions. A fundamental as-
pect is the suppressed convective transport in the
subtropics, which does not replenish these regions with
young air of high near-surface e90 concentrations. In
addition, there are near-zero advective tendencies in the
subtropical troposphere, where the residual circulation
slowly overturns connecting the subtropical down-
welling of the Hadley cell with the polar downwelling.
This slow zonal-mean transport results in relative aged
air in the subtropical and midlatitude troposphere.
Finally, isentropic mixing with high-latitude and lower-
stratospheric air also plays a role, mostly in middle lat-
itudes (30-60°N/S) between about 500-300hPa. The
zonal-mean climatological tongue-like shapes arise only
when all these terms are combined.

b. Seasonal cycle

Figure 4 shows the €90 seasonal cycle on selected
isentropes above, across, and below the subtropical
jets (380, 350, and 320K see Fig. 1 for the location of
these isentropes). At all levels there is a seasonal dis-
placement of the concentrations toward the summer
hemisphere, and there is a hemispheric asymmetry,
with farther poleward extension in the boreal than in
the austral hemisphere. This is related to an asymme-
try in the strength of the summer jets, with the boreal
summer jet weaker and located farther poleward, due
to the presence of the large-scale monsoon circula-
tions. At high latitudes, €90 is more depleted in the
winter hemisphere at all levels. Note that there is a
strong seasonality in the height of the isentropes at
high latitudes, with isentropes around 2 km higher in
winter than in summer (see Fig. 5). This is clearly seen
in the seasonal shift in the location of the tropopause at
320K, which in the NH moves from the subtropics in
winter to high latitudes in summer. Near the tropical
tropopause (380 K), there is a seasonal cycle in tropical
€90, with higher values in boreal winter. The meridi-
onal gradients separating tropical from extratropical
values are stronger in the winter subtropics, consistent
with the subtropical jets acting as transport barriers.
These winter gradients are strongest at 350K, as this
isentrope cuts through the core of the subtropical jets.
Note that the €90 tropopause in winter coincides with
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FIG. 4. Seasonality of €90 concentrations (shading; ppbv) on
different isentropic levels (380, 350, and 320K) in the REF-C2
WACCM run as a function of latitude. The 90-ppbv contour is
shown in gray, and the thermal tropopause is shown by the thick
black line. The green contours show the zonal-mean wind (10 ms !
spacing; zero omitted).

the core of the jets, corresponding with the region of
strongest gradients. Also at 320K the €90 tropopause
is located in the region of stronger winds on the lower
flanks of the jets. The subtropical tongues of relatively
low €90 observed in Fig. 1 are seen on this isentrope as
regions of relatively homogeneous €90 concentrations
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FIG. 5. Terms in the €90 TEM balance (ppbv day ') for (left) DJF and (right) JJA. (a),(b) Tendencies, (c),(d)
advection by the mean residual circulation, (e),(f) eddy transport, and (g),(h) subgrid transport (deep and shallow
convection plus boundary layer diffusion). Results are shown for the seasonal mean over 1956-61 of the REF-C2
run. The vectors in (c) and (d) depict the residual circulation advective fluxes and in (e) and (f) the eddy tracer flux
vector M [see Eq. (1)]. The vectors are scaled to account for the difference in the vertical vs horizontal dimensions
and divided by a function of density to enhance the upper levels. The gray contour shows the lapse-rate tropopause.
The black contours show the zonal-mean wind (10ms~! spacing; zero omitted), and the green contours show
selected isentropes (300, 320, 350, 380, 450, and 500 K).

over a large portion of the subtropics, which move
poleward during the summer following the tropo-
pause. Finally, there is a maximum near the equator at
this lower level, slightly displaced into the summer
hemisphere.

To examine the contribution of the different transport
terms to the seasonality in UTLS €90, Fig. 5 shows the
€90 tendency and resolved transport terms for the sea-
sons December-February (DJF) and June-August
(JJA). The tracer tendency (Figs. 5a,b) shows positive
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values in the tropical lower stratosphere in DJF and
negative in JJA, consistent with the €90 seasonality at
380K in Fig. 4a. This seasonality in the tropical lower
stratosphere is linked to transport by the Brewer—
Dobson circulation (BDC) upwelling, which is stron-
ger in DJF (see Figs. 5c,d). In JJA the weaker €90
positive tendency by upwelling is smaller than the €90
loss, resulting in a negative net tendency (the loss term is
not shown in Fig. 5). Near the core of the subtropical
jets, there are net tendencies of opposite sign in each
hemisphere (Figs. 5a,b), consistent with the behavior in
Fig. 4b. This is linked to stronger downwelling in the
shallow branch of the BDC in the winter hemisphere,
leading to negative e90 tendencies in this season
(Figs. 5c,d). At high latitudes the sign of the €90 ten-
dency is the same as in the subtropics in the NH, while in
the SH it changes sign (Figs. 5a,b). The seasonality in the
NH high latitudes is driven by €90 decrease in DJF due
to stronger BDC downwelling (Fig. 5c) and increase by
isentropic mixing in JJA (Fig. 5f). In contrast, in the SH
polar UTLS the downwelling in JJA is not enough to
overcome the effect of strong isentropic mixing from the
troposphere (Fig. 5f). However, as mentioned above,
the attribution to the different transport terms is subject
to larger uncertainty in this region (poleward of ~45°S)
because of the nonnegligible residual (see Fig. 2f).

In the extratropical troposphere there is no signifi-
cant seasonality in €90 because the stronger down-
welling at high latitudes in winter (Figs. S5c,d) is
compensated by the stronger eddy transport in this
season (Figs. 5e,f). The stronger isentropic eddy two-
way mixing in winter (and spring, not shown) in the
extratropical troposphere is consistent with more fre-
quent synoptic and mesoscale baroclinic wave distur-
bances in this season. Specifically, warm conveyor
belts in frontal circulation systems are associated with
efficient mixing between the boundary layer and the
free troposphere [Stohl et al. (2003) and references
therein]. In the tropical troposphere the seasonality of
the Hadley cell is clearly visible, with ascent displaced
toward the summer hemisphere following the in-
tertropical convergence zone (ITCZ) and cross-
hemispheric transport toward the winter hemisphere.
Note that the downwelling branch of the Hadley cell
does not decrease but rather increases €90 concentra-
tions near 20°N/S (except below ~5 km). This is due to
the reversed (positive) sign of the vertical e90 gradients
in these regions, associated with the upper flank of the
tonguelike structures in both hemispheres highlighted
in Fig. 1. Vertical eddy mixing in the tropical UT in-
creases €90 concentrations between ~5 and 10km (or
approximately between 320 and 380K) and decreases
them below in both seasons, and is slightly larger in the
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summer hemisphere (especially in JJA). The lower-
tropospheric €90 is replenished by convective transport
out of the boundary layer, as shown in Figs. 5g and 5h.
The small €90 negative tendencies in the tropical/
subtropical troposphere (Figs. 5a,b) are linked to the
pronounced minima in convective transport in the
winter subtropics, which coincide with the region of
subsidence of the Hadley cell (Figs. 5g,h). Figures 5¢g
and 5h also show that €90 transport by tropical deep
convection peaks on the summer side of the equator
(stronger in JJA), such that the double peak in con-
vective transport around the equator in Fig. 2e is an
effect of the annual averaging. This shift of convection
with the ITCZ is reflected in the seasonal displacement
of the near-equatorial €90 maximum at 320 K in Fig. 4c.

Figure 5 suggests that the contribution of the different
terms to the maintenance of the low-e90 layers in the
subtropical troposphere varies with the season. Specifi-
cally, in the winter hemisphere suppressed convection at
low latitudes and enhanced isentropic eddy transport in
midlatitudes are most relevant, while in the summer
hemisphere near-zero advective transport is the main
contributor to the depleted €90. On the other hand, the
old-air tongues are thinner in the winter hemisphere
(not shown), because they are confined by the Hadley
cell downwelling on their equatorward and upper flank
(Figs. 5c,d) and by isentropic eddy transport in their
poleward and lower flank (Figs. 5e,f).

4. Interannual variability

Figure 6a shows the main mode of interannual vari-
ability in €90, computed by obtaining the first empirical
orthogonal function (EOF; e.g., von Storch and Zwiers
2002) of the annual-mean detrended €90 field over the
period 1955-2099. We note that if the field is not de-
trended the main mode is the linear trend, which will be
examined in the next section. The pattern in Fig. 6a
shows enhanced €90 in the tropical lower stratosphere
and reduced €90 concentrations in the subtropical low-
ermost stratosphere, extending to high latitudes above
the tropopause. In addition, the subtropical patterns
extend deep into the subtropical troposphere. Figure 6b
shows the regression of the first principal component
(PC1) of €90 (i.e., the time series associated with
the EOF in Fig. 6a) onto the detrended residual circu-
lation streamfunction. Note that positive ¥* anomalies
indicate clockwise circulation and vice versa. The
streamfunction structure shows an enhanced shallow
branch of the residual circulation with tropical lower-
stratospheric upwelling and subtropical downwelling
in both hemispheres. This lower-stratospheric circula-
tion is connected to an enhanced narrow tropical
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FIG. 6. Regressions (units are per standard deviation of the index) of (left) €90 (ppbv) and (right) the residual
circulation streamfunction (kgm ™ 's™1) onto the (a),(b) first principal component of €90 (based on detrended annual-
mean fields), (c),(d) annual mean El Nifio-3.4 index, and (e),(f) annual mean QBO index. The contours show the regions
where the correlations are statistically significant at the 99% level based on the Student’s ¢ test (black: positive; gray:
negative). The black thick contour shows the lapse-rate tropopause, and the green contours show the zonal-

mean wind (10ms ™! spacing; zero omitted).

tropospheric circulation (i.e., a narrowing and vertical
extension of the top of the Hadley cell). Above the
shallow branch there are two cells of opposite sense in
each hemisphere. The structure of the residual circulation
in Fig. 6b is consistent with the patterns in the €90 re-
gression in Fig. 6a, given the strong €90 background
gradients across the tropopause. The enhanced upwelling
leads to the positive €90 values in the tropical lower
stratosphere, and the downwelling leads to the reduced
€90 near the core of the subtropical jets. The negative €90
patterns extending into the troposphere are consistent
with enhanced stratosphere-to-troposphere transport in
the subtropics implied by the residual streamfunction.

Figures 6¢ and 6d show the regressions of €90 and the
residual streamfunction (after detrending the fields) onto
ENSO, using El Nifio 3.4 index (N3.4; Trenberth 1997)
computed from the same REF-C2 run (note that surface
air temperature was used in the N3.4 region instead of sea
surface temperature, because of data availability). The
resulting patterns are similar to those of the €90 first EOF,
indicating that the main mode of interannual variability in
€90 is closely related to ENSO. The linear correlation
between N3.4 and €90 PC1 is 0.55. The impact of ENSO
on tracer distribution in the UTLS has been examined in
previous works, in particular focusing on ozone (e.g.,
Randel et al. 2009; Calvo et al. 2010; Oman et al. 2013).
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These works show a similar pattern in lower-stratospheric
ozone as that in Fig. 6¢ (with opposite sign), due to en-
hanced transport by the stratospheric residual circulation.
In addition, Oman et al. (2013) extended the observed
ozone response into the UT by combining satellite data
from two instruments and found an extension of the
subtropical anomalies into the tropical troposphere,
similar to that in Fig. 6c, over the Pacific Ocean. That
work also showed that this behavior was captured in a
chemistry—climate model simulation. Given that ozone
has chemical sources and sinks, different in the tropo-
sphere and the stratosphere, the ozone patterns could
potentially result from a combination of changes in
dynamical and chemical processes [as seen for the long-
term trends in tropical upper-tropospheric ozone
(e.g., Banerjee et al. 2016)]. In contrast, the €90
pattern in Fig. 6¢c isolates the ENSO impact on UTLS
tracer transport unambiguously.

This enhanced stratosphere-to-troposphere transport
associated with ENSO is further examined using tracer—
tracer correlations of €90 with the artificial tracer ST80,
which is a standard CCMI tracer specifically designed to
evaluate stratosphere-to-troposphere exchange in the
models (Eyring et al. 2013). By definition, ST80 is held
constant in the stratosphere above 80hPa and decays
with a lifetime of 25 days below that level. The ST80
climatology of the tracer has fixed concentrations above
80 hPa, very strong gradients across the tropopause, and
small values in the troposphere, because of the short
lifetime (not shown). Figures 7a and 7b show the tracer—
tracer correlation plot for the annual-mean tracer con-
centrations in the subtropical upper troposphere in each
hemisphere, where €90 is depleted by enhanced trans-
port from the stratosphere during warm ENSO events
(see Fig. 6¢). Specifically, the tracers are averaged over
20°-30°N/S and 500-200 hPa. There is a clear separation
between positive and negative ENSO events (defined as
years when N3.4 exceeds one standard deviation), with
high values of ST80 and low values of €90 associated
with El Nifio events, and vice versa for La Nifia events.
Because ST80 originates in the stratosphere and €90 in
the troposphere, this high, negative correlation confirms
that warm ENSO events enhance transport from the
stratosphere into the subtropical troposphere.

Figures 6e and 6f show the regressions of detrended
€90 and the residual streamfunction onto the quasi-
biennial oscillation, using the first EOF of the equatorial
zonal wind in the 70-10-hPa layer following Wallace
et al. (1993). The correlation between €90 PC1 and the
QBO index is 0.56. The regression patterns in Fig. 6f
show a quadrupole very similar to that seen in Fig. 6b,
with opposite-sense W* cells above and below 20km.
The €90 regressions demonstrate that the QBO accounts
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ST80 vs €90 over 1955-2099, with warm and cold ENSO events
indicated. The points correspond to the concentrations averaged
over 500-200 hPa and 20°-30° latitude in the (a) NH and (b) SH.

for the stratospheric features of the €90 EOF1 pattern
(Fig. 6a) that are not in the ENSO regression (Fig. 6¢), in
particular the extension of €90 positive anomalies from
the tropics into the extratropical lower stratosphere. In
contrast with ENSO, the QBO regression patterns do
not extend into the tropical troposphere. We note that
the QBO is forced in these runs by nudging to repeating
observed equatorial winds, and such an unvarying QBO
is inconsistent with a changing climate [although there is
currently no consensus on how the QBO will respond to
climate change, it is reasonable to expect adjustments to
the changing dynamics (e.g., Kawatani and Hamilton
2013)]. Nevertheless, the imposed QBO winds induce
changes in the residual circulation and thus impact the
interannual variabiliy of tracer concentrations in the
tropical stratosphere. The important role of ENSO and
the QBO on €90 variability can be summarized by the
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fact that together they explain 70% of the variance in the
first mode of interannual variability in €90 (of which
ENSO alone explains 30%). The relative importance of
ENSO and the QBO in driving interannual variability in
the UTLS is likely dependent on the specific tracer
gradients (e.g., a shorter-lived tracer than €90 may have
less influence on a stratospheric process such as the
QBO). The fact that the first EOF of €90 includes
common variance both with ENSO (internally gener-
ated by the model) and the QBO (externally imposed)
implies that the EOF statistical technique does not
separate the effects on €90 of these two dynamical
modes of variability.

5. Trends 1955-2099
a. Annual-mean trends

Figure 8a shows the annual-mean trends in €90 cal-
culated over 1955-2099, which feature increased con-
centrations in the tropical lower stratosphere and in a
layer just above the extratropical tropopause. In the
troposphere there are relatively homogeneous negative
€90 trends in both hemispheres, slightly stronger in the
lower-troposphere midlatitudes. The linear trends over
the 145 years are largely statistically significant, and thus
we do not show contours of statistical significance in this
plot and in the following. Note that the relative trends
(not shown) increase with height across the tropopause
because of the decreasing mean concentrations (see
Fig. 1), such that the trends in the troposphere are
around 0.1% decade ™!, while those in the lower strato-
sphere are around 2% decade '. The trend patterns in
Fig. 8a suggest a connection with the tropopause. To
explore this, Fig. 8b shows the €90 trends relative to the
tropopause height. These are obtained by remapping the
monthly 90 field onto tropopause-relative coordinates
(i.e., levels are defined by the distance to the tropo-
pause) and then computing the trends. For an easier
comparison with Fig. 8a, the tropopause-relative trends
have been remapped back onto pressure levels using the
climatological average of the tropopause log-pressure
altitude. Figure 8b shows positive trends in the tropical
lower stratosphere, weaker than those in Fig. 8a, and
near-zero trends (or even negative) above the extra-
tropical tropopause. In the troposphere, the negative
trends are enhanced in the tropopause-relative case,
mostly at middle and high latitudes. On the other hand,
the €90 trends in the tropical middle and upper tropo-
sphere are reduced. The differences between the two
panels of Fig. 8 highlight that a large fraction of
the trends in €90 are strongly coupled to the trends in the
tropopause height. The tropopause altitude has a linear
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FIG. 8. Annual-mean trends in €90 (ppbv decade ') using
(a) log-pressure altitude and (b) tropopause-relative log-pressure
altitude as the vertical coordinate. The gray lines indicate the
altitude of the tropopause for the past (light gray) and the future
(dark gray), using the first and last 10 years of the simulation,
respectively. Note that the tropopause-relative trends have been
remapped onto pressure coordinates using the climatological
mean tropopause altitude.

trend of about 30m decade ! in this run, a value con-
sistent with other models (e.g., Vallis et al. 2015), such
that over the period of the simulations it rises approxi-
mately 430 m globally, which is ~!/3 of the vertical grid
spacing of the model (the past and future tropopauses
are shown in Fig. 8). The fact that such a small change in
the location of the tropopause is associated with a large
difference in the tracer trends between the two co-
ordinate systems highlights the key role of this chemical
and dynamical boundary.

Oberldnder-Hayn et al. (2016) recently noted that the
long-term trends in the stratospheric residual circulation
are also substantially modified (reduced) when consid-
ering the changes in the tropopause in three CCMI
models (not including WACCM). Figure 9 shows the
trends in the residual mass streamfunction over the re-
gion of interest in our WACCM run, both in pressure
and tropopause-relative coordinates. The trends in
Fig. 9a show the expected acceleration of the BDC in the



OCTOBER 2017

(a) w* trends 1955-2099 1
T 130
150 0.8
1100 —~
1 © 0.6
{150 &
o
300 0.4
500
~10.2
-90 -60 -30 0 30 60 90
latitude 10
(b) W* trop-rel trends 1955-2099
[ I TA 730 —02
150
-0.4
1100 =
1150 M -06
o
1300
-0.8
1500

-90

-60 -30 0 30 60 90

latitude

FIG. 9. As in Fig. 8, but for annual-mean trends in ¥* (kgm ™ 's™!

decade™1).

stratosphere. In agreement with Oberldnder-Hayn
et al. (2016), Fig. 9b shows that the stratospheric re-
sidual circulation trends are reduced when consider-
ing the displacement of the tropopause. Note that,
while the rise in the tropopause and the strengthening
BDC both act to increase €90 in the tropical lower
stratosphere, they have opposite effects on the extra-
tropical lower-stratospheric €90 concentrations. In the
tropical troposphere, Fig. 9a shows a narrowing and
strengthening of the upper part of the circulation
[consistent with Oberldnder-Hayn et al. (2016)].
The tropical/subtropical UTLS residual circulation
trends are similar to the circulation response to
ENSO (Fig. 6d), suggesting that the tropical/
subtropical tropospheric concentrations of strato-
spheric tracers may be enhanced in the future, because
of enhanced stratosphere-to-troposphere advective
transport. A tracer—tracer correlation plot of €90
versus ST80 in these regions (not shown) shows a
similar separation between past and future years as
that between La Nifia and El Nifio years in Fig. 7,
supporting this hypothesis. Note that these changes
are closely linked to the height of the tropical tropo-
pause, as the pattern changes in Fig. 9b. The seasonal
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trends show acceleration of the upper part of the
Hadley cell and deceleration of the lower part in DJF
and JJA (not shown), consistent with the results of
Rind et al. (2001). In the extratropical troposphere the
overturning circulation is predicted to decelerate in
both hemispheres, except near the extratropical tro-
popause (Fig. 9a). On the other hand, the tropopause-
relative trends show hemispheric-scale decreasing
circulation patterns, which overshoot the extra-
tropical tropopause (Fig. 9b).

To further examine future dynamical changes in the
UTLS, Fig. 10a shows the trends in the Eliassen—Palm
(EP) flux and its divergence (e.g., Andrews et al. 1987).
There is enhanced EP flux convergence in the sub-
tropical lower stratosphere in both hemispheres, con-
sistent with the dynamical mechanism for
strengthening of the BDC shallow branch proposed in
previous works (Garcia and Randel 2008; Shepherd
and McLandress 2011). This mechanism implies en-
hanced upward and equatorward propagation of
Rossby waves (as seen in the EP flux trends) due to the
changes in critical lines associated with stronger winds
in the upper flanks of the subtropical jets, highlighted in
Fig. 10a. In the extratropical UTLS of both hemi-
spheres there are dipoles in the EP flux divergence
trends, with convergence near the tropopause and di-
vergence below, implying an upward shift of the region
of main convergence. This structure suggests a cou-
pling with the rise in the tropopause, and indeed the
dipoles disappear for the tropopause-relative trends, as
shown in Fig. 10c. The EP flux trends in the lower
stratosphere are significantly reduced in tropopause-
relative coordinates, consistent with weaker BDC ac-
celeration in Fig. 9b. In the troposphere, the positive
trends in midlatitudes are consistent with the hemi-
spheric deceleration of residual circulation cells in
Fig. 9b. The small trends in the tropopause altitude are
associated with substantial changes in the thermody-
namic UTLS structure. In particular, there is an overall
reduction in static stability across and above the tro-
popause both in the tropics and extratropics, shown in
Fig. 10b, linked to the stratospheric cooling and tro-
pospheric warming. The strong coupling between the
tropopause rise and the trends in static stability near
the tropopause is demonstrated by the fact that the
trends disappear in tropopause-based coordinates
(Fig. 10d). The reduced stability around the extra-
tropical tropopause can lead to changes in the propa-
gation and dissipation of the waves in this region
(Matsuno 1970). In turn, these changes in the location
of wave breaking (Fig. 10a) drive changes in tracer
transport near the tropopause by modifying both the
residual circulation and isentropic mixing. In the next



3396

(a) EP flux trends 1955-2099 0.25
30
150 0.2
195 Mois
1150 &
. o
1300 0.1
1500
0.05
-90 -60 -30 0 30 60 90
latitude 0
(c) EP flux trop-rel trends 1955-2099
A
20 } 1+ 150 ~04
15 . 1100 E
X 1150 = -0.15
"o 300 *
3 -0.2
5 1500
| e
T T -0.25
-90 -60 -30 0 30 60 90
latitude

JOURNAL OF THE ATMOSPHERIC SCIENCES

VOLUME 74
-5
(b) N2 trends 1955-2099 510
= 30
50 0.8
—~ 100 —
E < §o°
13 150 &
N [a
’ : 300 04
] 500
0.2
-90 -60 -30 0 30 60 90
latitude 0
(d) N2 trop-rel trends 1955-2099
-0.2
-0.4
-06
-0.8
‘ ‘ ‘ -1
-90 -60 -30 0 30 60 90
latitude

FIG. 10. (left) Annual-mean trends in EP flux (vectors) and mass-weighted EP flux divergence [shading;
DF =V -Fe?"/(acos¢);ms ' day ' decade '] using (a) log-pressure and (c) tropopause-relative coordinates. The
black contours in (a) and (c) show the zonal wind climatology for the past (thin, 1956-61 average) and the future
(thick, 2091-96 average), with 10ms~' spacing and zero omitted. (right) Annual-mean trends in Brunt—Viisili
frequency squared N? (s™2 decade ') using (b) log-pressure and (d) tropopause-relative coordinates. The black
contours in (b) and (d) show the potential temperature climatology (levels: 300, 320, 350, 380, 450, and 500 K) for
the past (thin, 1956-61 average) and the future (thick, 2091-96 average). The gray lines indicate the altitude of the
tropopause for the past (light gray) and the future (dark gray), using the first and last 10 years of the simulation,
respectively. Note that the tropopause-relative trends have been remapped onto pressure coordinates using the

climatological mean tropopause altitude.

subsection we examine the trends in the different
transport terms for €90.

b. Changes in transport terms

To attribute the contribution from each transport
term to the net change in €90 concentration from past to
the future, Eq. (1) can be written as

X = 7(—0¥%, —w¥x, + V- M+ X), )
where we have taken into account that y, =0 when
averaged over the annual mean, and we have ex-
pressed the loss term as L = —y/7. Equation (2) allows
direct attribution of the change in €90 concentration
Xruture — Xpast t0 changes in the different terms.
Figure 11a shows this difference using 6 years at the
beginning (1956-61) and at the end (2091-96) of the
simulation to represent the past and future. The fact
that the difference (Fig. 11a) is very similar to the
trend pattern in Fig. 8a indicates that the differences
between these two groups of 6 years on the extremes of

the run are representative the long-term linear trends.
The contribution of the resolved transport (computed
inside the model transport scheme) to the net €90
change is shown in Fig. 11b, and the contribution of the
changes in subgrid-scale processes is shown in Fig. 11c.
The €90 trends above the tropopause are entirely as-
sociated with changes in resolved transport. In the
troposphere there is a near cancellation between the
trends in resolved and subgrid transport, with a net
small negative tendency. In the tropical middle to
upper troposphere, €90 concentrations increase be-
cause of enhanced deep convective transport, but this
is compensated by a decrease due to the resolved
transport, such that the net trends in this region are
near zero and slightly negative (Fig. 11a). The negative
€90 trends in the extratropical middle and upper tro-
posphere are linked to resolved transport, partly
compensated by enhanced deep convection. On the
other hand, there is reduced €90 transport by convec-
tion in the lower troposphere (below 5km), which is
larger than the increase due to resolved transport. This
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FiG. 11. Difference (ppbv) of future (2091-96) minus past
(1956-61) of the terms in the tracer equation of €90 [Eq. (2)].
(a) Tracer concentration, (b) resolved transport, and (c) subgrid
transport (deep and shallow convection plus boundary layer
diffusion).

decrease in convective transport out of the boundary
layer is consistent with reduced convective mass flux
(integrated over the atmospheric column) in a future
climate (Held and Soden 2006). In addition, Fig. 11c
shows that deep convective transport reaching higher
levels (above ~5 km) in the model will be strengthened
in the future. A similar pattern of decrease in the lower
troposphere and increase above is found in the
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trends of convective mass flux in these model runs
(not shown).

The trends in the resolved transport can be further
decomposed into trends in the advective and eddy
components (Fig. 12). We note again that there is
little confidence in assessing the contribution from
the different transport terms in the SH high latitudes
where the residual of the TEM balance is not negli-
gible (see Fig. 2f), and thus here we avoid analyzing
this region. Figure 12a confirms that the ¢90 increase
in the tropical lower stratosphere is linked to the
increase in the tropical upwelling, and thus to
stronger vertical troposphere-to-stratosphere trans-
port in the future. Correspondingly, the reduced
tropopause-relative €90 trends in this region are due
to the weaker vertical advection in these coordinates
(consistent with Fig. 9). The advective term also
shows negative €90 trends associated with increased
downwelling over the extratropical lower strato-
sphere (Fig. 12a). This decrease is compensated by
the positive trend in the eddy term at high latitudes
(Fig. 12b), such that the total transport trend is pos-
itive, as seen in Fig. 11b. Hence, the high-latitude
positive trends in €90 in this region (Fig. 8a) can be
attributed to an increase in eddy mixing above the
extratropical tropopause. This result is clearer for the
NH where the balance residual is smaller. This en-
hanced mixing near the tropopause (Fig. 12b) is
strongly coupled to the vertical shift in Rossby wave
breaking (Fig. 10a), which in turn is associated with
the rise of the tropopause (Fig. 10b). Consistently,
the trends in eddy transport near the extratropical
tropopause disappear in tropopause-relative co-
ordinates (not shown). On the other hand, isentropic
transport is substantially reduced in the extratropical
troposphere, which accounts for the negative trend in
net resolved transport in this region (Fig. 11b). The
fact that the resolved and subgrid transports mirror
each other in Fig. 11 suggests that the weaker re-
solved (eddy) transport is a response to the reduced
convective tracer transport out of the boundary layer
into the free troposphere, which weakens the tracer
gradients along the isentropes. The net negative €90
trend in extratropical troposphere (Fig. 1la) is
weaker than that in the eddy term (Fig. 12b) because
of the partial cancellation by positive trends in the
advective term (Fig. 12a). Note that this partial
cancellation does not occur in tropopause-relative
coordinates because of the changes in the residual
circulation near the extratropical tropopause
(Fig. 9b), and this results in stronger negative €90
trends (Fig. 8b). Finally, the positive trends in the
tropical lower troposphere in Fig. 11b are linked to
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(1956-61) of the terms in the TEM tracer equation of €90 [Eq. (2)].
(a) Advective transport and (b) eddy transport. The arrows show
the changes for future minus past in the residual circulation ad-
vective flux in (a) and the eddy flux vector in (b).

weakened vertical mixing between the lower and
middle troposphere (Fig. 12b), possibly responding to
smaller near-surface concentrations. However, these are
overcompensated by the reduced convective transport
(Fig. 11c), leading to a net reduction of €90 in the
tropical lower to middle troposphere. In summary, the
main drivers of the observed long-term trends in €90 are
as follows:

e Increase in the tropical lower stratosphere due to
stronger advection by upwelling.

e Increase in the lowermost extratropical stratosphere
due to stronger eddy mixing.

e Decrease in the extratropical troposphere due to
weaker isentropic eddy mixing.

e Decrease in the lower troposphere due to weaker
convective transport.

A relevant question concerning the trends in UTLS
transport is whether the rate of tracer exchange be-
tween the troposphere and the stratosphere will
change in a future climate. To examine the trends
in the net troposphere-to-stratosphere transport,
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FIG. 13. (a) Time series of €90 concentration averaged over
the stratosphere and ST80 averaged over the troposphere
(ppbv). (b) Tracer-tracer correlation plot of annual-average
ST80 vs €90 over 1955-2099 averaged globally in the tropo-
sphere (ppbv), with the 30 first and last years of the simulation
highlighted.

Fig. 13a shows time series of annual-mean 90 con-
centrations averaged for the entire stratosphere
(computed using the tropopause-relative vertical
coodinate, to account for changes in tropopause
height). The net increase in stratospheric €90 (linear
trend of 0.58% decade ', statistically significant at
the 95% level) implies an increase in troposphere-to-
stratosphere transport. Figure 13a also shows the
time series of annual-mean tropospheric-mean ST80
concentrations, which show a statistically significant
linear trend of 1.74% decade '. Note that both time
series have significant common interannual variabil-
ity (linear correlation of 0.92), which indicates a
strong covariance of stratosphere—troposphere
transport in both directions. Figure 13b shows the
scatterplot of ST80 versus €90 concentrations (as
in Fig. 7), averaged over the entire troposphere.
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The coherent decrease in €90 and increase in ST80
further suggests a strengthening net stratosphere-to-
troposphere transport with climate change.

6. Conclusions and discussion

The artificial tracer €90 is used to study UTLS tracer
transport in WACCM. This tracer is emitted homoge-
neously at the surface and has a lifetime of 90 days in
the atmosphere, which results in particularly strong
gradients across the tropopause because of the differ-
ent transport time scales in the troposphere and the
stratosphere (Fig. 1). We analyze the transport terms
leading to the climatological zonal-mean structure of
€90 using the TEM tracer continuity equation [Eq. (1)].
Resolved transport in the troposphere is influenced by
subgrid-scale (parameterized) convective transport out
of the boundary layer, as the latter determines to a
large extent the tracer concentrations and gradients in
the free troposphere. Overall, our results highlight a
clear distinction in the UTLS between the tropics,
dominated by vertical motion, and the extratropics,
dominated by isentropic mixing (Fig. 2). This picture is
in agreement with previous works, which consider the
troposphere as divided in three main regions (the ex-
tratropics of each hemisphere and the tropics), with
rapid tracer dispersion in each region but slow ex-
change between them (e.g., Erukhimova and Bowman
2006). Note that our analyses focus on levels up to
25km, and thus mostly below the stratospheric polar
night jets and subtropical transport barriers, features
that fundamentally influence transport at higher levels
in the stratosphere (e.g., Plumb 2002).

In the tropical UTLS, deep convective transport,
vertical eddy transport associated with two-way mixing,
and advection by the Hadley cell and the Brewer—
Dobson circulation efficiently transport €90 from the
surface into the stratosphere. Interestingly, vertical eddy
mixing plays a significant role in the tropical €90 bal-
ance, acting as a connection between the convective
uplift in the lower troposphere (below ~5-10km) and
the advective transport by the Hadley cell in the upper
troposphere (above ~12km). This term is mostly de-
termined by the vertical eddy tracer flux w'y’. Seasonal-
mean maps of the eddy products w'y’ at 500 hPa show
that these are closely related to the zonal anomalies in
the vertical wind over regions of enhanced deep con-
vection in the tropics and along the storm tracks on the
east coast of the continents (not shown). Although in
principle the vertical wind is subject to large un-
certainties due to the specific characteristics of the
transport scheme in WACCM, the balance is relatively
well closed in the region where this flux is important,
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suggesting that there are not large numerical issues in
this vertical eddy mixing term.

Isentropic eddy transport in the extratropical tropo-
sphere is stronger in the winter hemisphere (Figs. Se,f),
consistent with stronger storm-track activity and eddy
kinetic energy in this season. Isentropic transport above
the subtropical jets also peaks in winter and spring in the
NH above 100hPa, except over the layer 150-100 hPa
(approximately along 380K), where it is maximum in
summer. A similar change with altitude in the season-
ality of isentropic eddy transport in the NH was ob-
served in Abalos et al. (2013) for ozone. The maximum
in JJA near 380K is linked to the presence of the Asian
summer monsoon, which is associated with significant
mixing between low and high latitudes in the lower
stratosphere (e.g., Hegglin and Shepherd 2007; Ploeger
et al. 2013). At higher levels the influence of the Asian
monsoon is reduced and the isentropic transport peaks
in late winter and spring (Abalos et al. 2013). Isentropic
mixing in the SH above the jet peaks in summer (DJF),
when the upper flank of the jet is weak enough to allow
eddy transport.

The tongues of relatively low 90 mixing ratio in the
troposphere around the 320-K isentrope (approximately
at 30°-60°N/S, 500-300 hPa; see Fig. 1) result from a
combination of factors, including suppressed deep con-
vection in the winter subtropics, near-zero advective
transport in the summer subtropics and middle latitudes
and isentropic mixing with high-latitude and extra-
tropical lower-stratospheric air. The first two mecha-
nisms imply that these regions are relatively quiescent,
and thus €90 is depleted without being efficiently re-
plenished. This is consistent with the conclusions of
Prather et al. (2011) regarding the nonstratospheric or-
igin of the oldest air in the troposphere (as measured by
the smallest €90 concentrations). An alternative hy-
pothesis that has been proposed is that these layers are
mainly associated with isentropic mixing with high-
latitude UTLS air (Randel et al. 2016). Previous works
have shown large effective diffusivity values in the baro-
clinic region below the subtropical jets (e.g., Haynes and
Shuckburgh 2000; Abalos et al. 2016a). These works
considered adiabatic two-dimensional transport, but the
tropical lower troposphere is dominated by vertical
motion (Chen and Plumb 2014; see also Figs. 2 and 5).

Our TEM analyses (which include 3D transport) do
highlight an important role of isentropic eddy mixing
leading to the exchange of tracers between high and low
latitudes, including across the extratropical tropopause
(Figs. 2b, Se,f). However, the depletion of €90 due to this
eddy transport peaks in the lower-troposphere middle
latitudes (negative tendencies around 30°-60°N/S, below
500 hPa), a region where €90 is efficiently replenished by
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convection. Hence, although isentropic mixing likely
contributes to maintain these e90-depleted tongues in
the middle latitudes above the region of strongest con-
vective influence (i.e., above 500 hPa), it is surely not the
only mechanism. The limited temporal and spatial res-
olution of our analyses could underestimate isentropic
eddy transport, which is ultimately linked to filamentary
structures that are not fully resolved. Nevertheless,
previous works show a good agreement between the
climatological structure of effective diffusivity and that
of eddy diffusivity, a proxy of isentropic mixing esti-
mated from the isentropic eddy tracer flux (see Abalos
et al. 2016b). Finally, we note that the climatology of
tracers with stratospheric sources (such as ST80, not
shown) does not present equivalent tonguelike struc-
tures (with enhanced ST80 concentrations) as those seen
in €90. We have checked that this is not an effect of the
different lifetimes of the tracers. This further supports
the conclusion that isentropic mixing with high-latitude
UTLS air alone is not sufficient to explain these clima-
tological structures.

Interannual variability shows an important role of
ENSO throughout the UTLS and the QBO in the lower
stratosphere (Fig. 6). In agreement with previous works,
positive ENSO events enhance the shallow branch of the
Brewer-Dobson circulation (e.g., Randel et al. 2009;
Calvo et al. 2010). In the lower stratosphere, warm
ENSO events are associated with enhanced €90 in the
tropics and reduced €90 in the subtropics and middle
latitudes. The negative anomalies in the subtropical
lower stratosphere extend deep into the troposphere
following the residual circulation anomalies, which lead
to enhanced stratosphere-to-troposphere advective
transport in the subtropics during El Nifio years. This is
confirmed by examining the tracer—tracer correlation
plots of €90 versus a purely stratospheric tracer, ST80
(Fig. 7). This result is in agreement with the enhance-
ment of ozone over the Pacific region during El Nifio
events pointed out by Oman et al. (2013).

The long-term trends in €90 (1955-2099) show an
increase above the tropopause and a decrease in the
troposphere (Fig. 8a). These UTLS trends are linked
to a rise in tropopause altitude to a large extent
(Fig. 8b), consistent with the recent work on the BDC
trends by Oberldnder-Hayn et al. (2016). The strato-
spheric €90 trends are attributed to enhanced residual
circulation in the tropics and to changes in eddy trans-
port in the extratropics (Fig. 12), both associated with
changes in the wave propagation and dissipation due to
changes in the jets and static stability (Fig. 10). While
the extratropical trends disappear in tropopause-
relative coordinates, the trends in tropical lower-
stratospheric €90 remain slightly positive (Fig. 9b).
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This is not seen in the results of Fang et al. (2011), which
show near-zero trends everywhere in tropopause-
relative coordinates. The similarity of the tropopause-
relative trends in residual circulation (Fig. 9b) to those
of other CCMI models in Oberlinder-Hayn et al. (2016)
suggests that this is a robust result. This result is dif-
ferent from that of Orbe et al. (2013), which shows zero
trend in upwelling at the tropopause and reduced
downwelling at high latitudes. The difference could be
due to the very different models (dry dynamical core
versus fully coupled climate model), and also to the fact
that stratospheric tracers in Orbe et al. (2013) have
fixed concentrations in the stratosphere, which make
them insensitive to changes in stratospheric circulation.

The overall €90 reduction of the troposphere is in
agreement with previous works mentioned in the in-
troduction (e.g., Holzer and Boer 2001). Our results
show that in WACCM this is linked to 1) weakening of
isentropic eddy transport in the extratropical tropo-
sphere, 2) enhanced removal by advective transport into
the stratosphere in the tropical upper troposphere, and
3) reduced convective transport in the lower tropo-
sphere (Figs. 11, 12). Note that the reduced isentropic
eddy exchange in the extratropical troposphere is op-
posite to the increase of air transported out of the
midlatitude boundary layer toward the pole found by
Orbe et al. (2013). In that work, future changes in tro-
pospheric transport are mainly a response to the pole-
ward shift of the jets and associated changes in eddy
kinetic energy. Although the simulations analyzed here
show a similar poleward shift in baroclinicity (not
shown), our results suggest an overall weakening of the
tropospheric extratropical circulation. This difference
could arise from the absence of convection in the dry
dynamical core. Indeed, our WACCM results suggest an
important role of changes in convective transport out of
the boundary layer, which affects the resolved transport
through modifications of the tracer gradients. An in-
dication of this influence is the mirror images of the
trends in the resolved and subgrid-scale transports
(Figs. 11b,c).

The €90 decrease in the tropical troposphere (be-
tween approximately 5 and 12km) is similar to the
pattern of negative trends in the CO-like tracer in Fang
etal. (2011). While in that work the negative trends were
attributed to reduced convective mass flux, our TEM
analysis demonstrates that they are due to changes in
advective transport in WACCM, in particular an up-
ward extension of the top of the Hadley cell. Our model
simulations show a reduction in total convective mass
flux (integrated in the column), in agreement with Held
and Soden (2006). However, the trends in spatially re-
solved convective mass flux, very similar to the trends in
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€90 convective transport in Fig. 11c, show that this re-
duction is limited to the lower troposphere (below
~5km), with a (weaker) increase in deep convection
above ~5km. The robustness of these results involving
changes in parameterized processes such as convection
across comprehensive chemistry—climate models is an
interesting topic to be explored in future works. Finally,
using tropopause-relative coordinates, we show a net
increase of €90 in the stratosphere and a net increase of
ST80 in the troposphere, which suggest an enhancement
of stratosphere—troposphere exchange in both directions
of about 1% decade ! with climate change (Fig. 13).
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